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Abstract 6 

Over the coming decades it is expected that the spatial pattern of anthropogenic aerosol will change dramatically 7 

and that the global composition of aerosols will become relatively more absorbing. However, despite this the 8 

climatic impact of the evolving spatial pattern of absorbing aerosol has received relatively little attention, in 9 

particular the impact of this pattern on global-mean effective radiative forcing. Here we use novel climate model 10 

experiments to show that the effective radiative forcing from absorbing aerosol varies strongly depending on their 11 

location, driven by rapid adjustments of clouds and circulation. Our experiments generate positive effective 12 

radiative forcing in response to aerosol absorption throughout the midlatitudes and most of the tropical regions 13 

and a strong ‘hot spot’ of negative effective radiative forcing in response to aerosol absorption over the Western 14 

tropical Pacific. We show that these diverse responses can be robustly attributed to changes in atmospheric 15 

dynamics and highlight the importance of this previously unknown ‘aerosol pattern effect’ for transient forcing 16 

from regional biomass-burning aerosol. 17 

 18 

Main 19 

Anthropogenic aerosol plays a significant role in determining the influence of human activities on climate1–3. Due 20 

to their short lifetimes, the spatial pattern of anthropogenic aerosol is highly heterogenous, and this has been 21 

shown to impact on climate through changes in atmospheric circulation4,5, tropical precipitation5–8 and sea-surface 22 

temperature (SST) patterns6,9,10, with implications for the transient climate response11.  23 

 24 
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Over the coming decades, emissions of anthropogenic aerosol are expected to change dramatically both in their 25 

spatial pattern and composition3, particularly over South-East Asia and Central Africa2,3. These trends are further 26 

complicated by the fact that policy measures often target sources of scattering and absorbing aerosols differently, 27 

such that even with no net change in aerosol optical depth (AOD), there could be climatic impacts from changes 28 

in aerosol composition12. Such a trend is already being seen globally; while the global anthropogenic AOD has 29 

been roughly constant since the 1980s, the contribution from aerosol absorption has almost doubled over this 30 

period3,13. In the future, particularly under weak air-quality policies, these trends towards a more absorbing aerosol 31 

distribution are likely to continue2.  32 

 33 

Given these observations, a key question arises: how does the evolving spatial pattern of anthropogenic aerosol 34 

(particularly absorbing aerosols, hereafter ‘AAs’) impact on climate? Crucially, how does the effective radiative 35 

forcing (ERF) - defined as the net change in radiative fluxes at the top-of-atmosphere in a fixed-SST experiment 36 

following a change in forcing agent, allowing for rapid adjustments14 - respond to this changing pattern of AAs? 37 

A robust answer to this question would have substantial ramifications because the spatial pattern of aerosol is not 38 

considered either in the simple climate models15,16 or integrated assessment models17 which form an essential part 39 

the IPCC process18.  40 

 41 

Without accounting for the evolving spatial pattern of aerosol, it is implicitly assumed that there is a one-to-one 42 

mapping between global AOD (or emissions) and ERF for a given single-scattering albedo (i.e., a constant 43 

‘forcing efficiency’). However, the existence of such a one-to-one mapping is not obvious given the complex 44 

regional interactions between aerosols, clouds and the large-scale circulation. This is particularly true of AAs, 45 

with a single-scattering albedo less than 1, which absorb incoming solar radiation and locally heat the 46 

atmosphere19. In the tropics, where clouds and circulation are inextricably linked through phase-changes, radiative 47 

transfer and SST patterns20, this AA-induced diabatic heating causes significant changes which can either amplify 48 

or reduce the impact of the initial perturbation21–25. 49 

 50 
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Previous studies of the spatial pattern of aerosol have focused either on climatological aerosol distributions26,27, 51 

perturbations to aerosol concentrations or solar forcing in different latitude bands5,28–30 or emissions changes in a 52 

small number of geopolitical regions31–33. However, these studies have several limitations. Firstly, the distribution 53 

of aerosol in the tropics is often dominated by large, transient biomass-burning events, which are not well-54 

represented in climatologies34–36 and have a distinct longitudinal structure. Secondly, the use of local changes in 55 

solar forcing is limiting, as aerosol emissions can trigger non-local changes in ERF. Additionally, the translation 56 

from emissions to concentrations is highly uncertain37 and depends strongly on the lifetime of the aerosols25. 57 

Finally, the use of different models with different setups, each often focussing on a small number of case study 58 

regions, makes it difficult to disentangle the impact of aerosols in different locations. This is important for policy 59 

as future aerosol distributions may differ significantly from what has been observed over the historical period3. 60 

 61 

To tackle this, here we present a large ensemble of simulations with a state-of-the-art, atmosphere-only global 62 

climate model (GCM) forced with idealized AOD perturbations placed systematically across the globe. This 63 

approach allows us to explore the sensitivity of ERF to localized aerosol absorption without being biased towards 64 

specific regions. Our results demonstrate a strong dependence of global-mean ERF on the spatial pattern of AAs, 65 

which is controlled mainly by the dynamical response of atmospheric circulation and clouds to aerosol heating in 66 

different locations. Finally, we highlight the significance of our results for large, transient ERF from Indonesian 67 

peatland wildfires, which generate AA perturbations that sit directly on a ‘hot spot’ of ERF sensitivity in our 68 

experiments.  69 

 70 

Dependence of ERF on the location of absorbing aerosol 71 

Figure 1a illustrates the global-mean ERF in response to the 144 separate aerosol plume experiments conducted. 72 

The AOD perturbations are prescribed using two-dimensional Gaussian distributions in the horizontal, with an 73 

amplitude of 1 at their centre (Methods). The global-mean AOD perturbation is the same in each experiment 74 

and only the location is varied (Supplementary Fig. 1). The single-scattering albedo at 550nm is set to 0.8 in 75 

each experiment, corresponding to strongly absorbing aerosol19. The variations in ERF in Fig. 1a illustrate that 76 
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the ERF from a certain global-mean AA perturbation depends strongly on how the AAs are spatially distributed. 77 

For example, when the AAs are concentrated in the extratropics, the ERF is generally positive, whereas when 78 

the AA is located over the Western tropical Pacific there is a strong negative ERF in the global-mean. The two 79 

insets below Fig. 1a show that the spatial pattern of the ERF also varies markedly depending on the plume 80 

location, with an extratropical plume generating a positive, local increase in ERF, whereas the plume over the 81 

Western tropical Pacific generates a global-scale ERF perturbation, with large regions of positive and negative 82 

response. 83 
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  84 

Figure 1. a ICON GCM simulated global- and time-mean effective radiative forcing (ERF) calculated as the net TOA flux difference 85 
between simulations with the AA perturbation and the control experiment. Each filled circle denotes the global-mean results from the 86 
experiment with the idealized AA plume centered on that location, and the size of the plumes is illustrated by Supplementary Fig. 1. 87 
Enclosing black circles are present where the resultant radiative forcing is statistically significant at the 1-sigma level. Two insets are 88 
also present showing the spatial pattern of ERF changes for two illustrative plume experiments. In each of these subplots the center of 89 
the AA perturbation in that experiment is marked with a marker and its size illustrated by an ellipse which contains 95% of the total 90 
AOD perturbation in that experiment. Ellipses are used in the insets to represent the distortion introduced by the map projection. b-e 91 
Decomposition of the total ERF into contributions from fast-adjustments (Adj) and instantaneous radiative forcing (IRF) in clear- and 92 
cloudy- sky. 93 
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 94 

Next, we decompose the ERF into contributions from instantaneous radiative forcing (IRF) and rapid 95 

adjustments (Adj) and analyse these in clear- and cloudy-sky. This allows us to disentangle the direct, radiative 96 

effect of the AAs (the instantaneous forcing) from their influence on circulation and cloudiness (the 97 

adjustments). Figure 1d,e illustrates how for most of the plumes, the contribution from IRF is a balance between 98 

the changes in clear- and cloudy-sky, resulting in an overall small contribution from IRF in most cases. This is 99 

consistent with previous work38 which has demonstrated that the IRF of AAs becomes positive when the 100 

effective albedo of the underlying surface rises above a critical value. Thus, the cloudy-sky IRF is generally 101 

positive because low clouds serve as a high-albedo surface, whereas the clear-sky IRF is negative for most 102 

perturbation sites except for over high-albedo surfaces such as the Sahara or the high-latitudes. 103 

 104 

Variations in global-mean ERF in response to AAs is mainly caused by variations in the global-mean 105 

adjustments, as shown in Fig.1b and c. The rapid adjustments in clear-sky are well-explained by changes in 106 

clear-sky outgoing longwave radiation arising from global-mean temperature changes (Supplemental Fig. 2) 107 

and contribute negatively to the total ERF for most locations except the Sahara and the Western tropical Pacific, 108 

where they amplify the cloudy-sky contribution. Overall, the cloudy-sky rapid adjustments (Fig. 1b) account for 109 

over 63% of the total variation in ERF in response to AAs in different locations and are the key determinant of 110 

the ‘hot spot’ of ERF in the Western tropical Pacific. Hence, we mainly focus our attention on the cloudy-sky 111 

adjustments. 112 

 113 

Circulation changes control the location-dependence of ERF 114 

Cloudy-sky adjustments are strongly anti-correlated with global-mean liquid water path (LWP) changes across 115 

all our experiments (Supplementary Fig. 3) because higher LWP is associated with optically thicker clouds which 116 

reflect more incoming solar radiation. But why do AAs in some locations cause such an increase in LWP while 117 

others cause a decrease? Shortwave absorption from AAs introduces a positive temperature tendency to the local 118 

atmospheric column, and in the absence of terms which balance this tendency the temperature in this region would 119 
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increase without bound. However, in the extratropics (Fig. 2a), temperature anomalies generate a downstream 120 

low-pressure system due to potential vorticity conservation39 which draws down cold air from higher latitudes 121 

(Supplementary Fig. 4). This cold-air advection in response to AAs in the extratropics is a negative feedback 122 

which balances the temperature tendency from the AAs, generating a finite, localized temperature increase. Other 123 

local processes such as radiative cooling or precipitation feedbacks also contribute to balancing the temperature 124 

tendency from the AAs (Supplementary Fig. 7). This temperature increase causes a decrease in relative humidity, 125 

which inhibits cloud formation and decreases LWP in the region of the AA perturbation (Fig. 2c). This mechanism 126 

explains the broad pattern of positive cloudy-sky adjustments (Fig. 1b) and negative LWP changes 127 

(Supplementary Fig. 3) throughout the extratropics.  128 

 129 

Figure 2. Time-mean AOD perturbation, cloudy-sky adjustments (Adjcloudy) and in-cloud liquid-water path (LWP) changes for 130 
idealized AA perturbations in; the extratropics (a-c), a tropical descent region (d-f) and a tropical ascent region (g-i). Black ellipses 131 
illustrate the horizontal size of the perturbation in each experiment, and the global-mean values for (b, c, e, f, h, i) are shown in 132 
boxes. Panel j shows a pressure-longitude cross-section of the in-cloud liquid water content (colours) and zonal mass stream-function 133 
(contours) in the control simulation, averaged between 20o either side of the equator (the horizontal grey lines in f, i). Panels k and l 134 
show the changes in these quantities in response to AA perturbations in the East and West Pacific, respectively. The contour interval 135 
in panels (j-l) is 4x1010 kg s-1 and solid contours indicate clockwise overturning. In panels k and l, horizontal black lines illustrate the 136 
horizontal extent of the AOD perturbation, at a height corresponding roughly to the maximum of the plume AOD profile (see 137 
Methods). 138 
 139 

A similar, localized decrease in LWP occurs when the AAs are in a region of tropical descent (Fig. 2d-f), however 140 

the mechanism is quite distinct. In the tropics, as the Coriolis force is weak, the diabatic heating from AAs is 141 

balanced mostly by vertical motion40, generating a thermally-direct overturning circulation40. However, when the 142 
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AA perturbation is in a region of large-scale descent - in this case, the descending branch of the Pacific Walker 143 

cell41  (Fig. 2j) - the anomalous overturning from the diabatic heating interacts destructively with the existing 144 

large-scale descent and becomes confined to local scales, causing a decrease in low-level liquid water content 145 

(Fig. 2k).  146 

 147 

Conversely, when the AA perturbation is placed in a region of large-scale tropical ascent (Fig. 2g), the 148 

anomalous vertical motion generated by the diabatic heating projects onto this existing mode of variability, 149 

amplifying the Walker circulation and increasing the upper-level divergence. This pattern of low-level 150 

convergence and upper-level divergence excites equatorial waves which generate large, positive LWC 151 

anomalies throughout the tropics (Fig. 2i, l), and planetary-scale Rossby waves which communicate the 152 

perturbation to the midlatitudes39 (Fig. 2i). A schematic representation of our results is given in Fig. 3. 153 

  154 

Figure 3: Schematic representation of the processes governing location-dependence of the radiative forcing from absorbing aerosols 155 
in the tropics. Panel a illustrates the tropical overturning circulation in the control simulation. Panel b shows how aerosol absorption 156 
in the ascending branch of the overturning circulation leads to a strong increase in shortwave reflectance throughout the tropics. 157 
Panel c on the other hand shows that when aerosol absorption is put in the subsiding branch of an overturning cell, the subsidence 158 
confines the heating anomaly to local scales, inhibiting cloud formation and causing a local decrease in shortwave reflectance. 159 
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To distill the key physical mechanisms, we conducted another set of AA perturbation experiments in a 161 

simplified aquaplanet model forced by an SST-dipole along the equator (a ‘mock-Walker’ circulation, 162 

Methods). This generates an overturning circulation with similar characteristics to the Walker circulation in our 163 

control experiment (Supplementary Fig. 5). Again, we find that when the AAs are located over the warm pool 164 

region, there is a strengthening of the circulation and a large increase in LWP which drives a shortwave cloudy-165 

sky adjustment, although this is offset somewhat by increases in upper-level ice, which contributes negatively to 166 

the cloudy-sky adjustments. Similar increases in upper-level cloud ice are found in our main experiments, 167 

though to a lesser extent (Supplementary Fig. 6).  168 

 169 

Over land, there is greater convective inhibition due to lower boundary-layer relative humidity42, which inhibits 170 

the upward motion associated with diabatic heating in the tropics. This helps explain why similarly large ERFs 171 

are not seen in response to AAs over South America and the African monsoon regions (which are also associated 172 

with large-scale ascent). Additionally, AAs cause a large surface cooling in our experiments when located over 173 

land22, which drives a reduction in the surface sensible heat flux and a reduction in the diabatic heating 174 

perturbation for AAs over land (Supplementary Fig. 7c), explaining the land-ocean contrast in Figure 1b. 175 

Adjustments of clouds and precipitation can also impact the diabatic heating perturbation through changes in 176 

latent heat release or by reductions in outgoing longwave radiation (Supplementary Fig. 7b,f).  177 

 178 

To assess how well this explanation captures the simulated variations in cloudy-sky adjustments (and thus, 179 

ERF) across the tropics, we quantify it with a simple scaling, 180 

 181 

																																		Adjcld  ∼ δQtot ⋅ (∇ ⋅ 𝐮)&'()*((
control  ,                          (1) 182 

 183 

where δ𝑄tot is the total diabatic heating from the plume (including latent heating) and (∇ ⋅ 𝐮)&'()*((	
control 	is	the 184 

difference between the horizontal divergence at 850hPa and 400hPa in the control run. Both quantities are 185 
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averaged within a fixed radius of the center of the AOD perturbation in that experiment. Similar results are 186 

obtained if we replace (∇ ⋅ 𝐮)&'()*((	
control 	with the local vertical velocity at 850hPa (Supplementary Fig. 8). 187 

 188 

Figure 4 shows that Eq. (1) captures the variation in simulated cloudy-sky adjustments in response to AAs 189 

across the tropics and demonstrates that this can be understood quantitatively in terms of simple tropical 190 

dynamics, as illustrated in Figure 3. Notably, the scaling also successfully predicts the ‘hot spot’ of negative 191 

ERF over the Western tropical Pacific. 192 

 193 
Figure 4. Map of the global-mean, cloudy-sky rapid adjustments from tropical AA experiments (a) and the corresponding estimate when using a simple, circulation-based 194 
scaling which relates the total diabatic heating from the AAs and the local, vertical shear of the horizontal divergence in the control run to the cloudy-sky adjustments, 195 
(b). Panel c shows a scatter plot of the results in panels a and b. In panels b and c, the scaling was evaluated in S.I. units (W m-2 s-1) and then, for plotting purposes, each 196 
scaling estimate was multiplied by the same dimensional constant such that the results match the magnitude of the cloudy-sky adjustments in panels a, this does not affect 197 
the correlation. 198 

 199 

Implications for Indonesian biomass-burning events 200 

This strong ‘hot spot’ of ERF over the Western tropical Pacific region raises the question: could this have real 201 

world implications? One potential candidate is Indonesian wildfire events. Wildfires have been recorded in this 202 
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region since the late-Pleistocene43, however the worst known fires have occurred since the 1980s due to changes 203 

in land-use and population density34. Large peat deposits make Indonesian wildfires uniquely impactful since 204 

peat is highly combustible and difficult to extinguish, and peat fires have repeatedly led to high AOD, ‘haze’ 205 

events36. Figure 5a shows a time-series of ground-based observations of mid-visible AOD from five Aerosol 206 

Robotic Network (AERONET) sites located in Indonesia. There is significant biomass-burning in the dry 207 

seasons in most years, particularly 2015 (associated with a strong El Nino) and 2019 (without an El Nino, but 208 

with a positive Indian Ocean Dipole). 209 

 210 

Figure 5: a Timeseries of aerosol optical depth at 500nm from five AERONET sites in Indonesia. Grey shading denotes dry seasons with significant biomass-burning. 211 
Years with an El Nino event are shown with a star and years with an IOD event are shown with a triangle, the size of the marker illustrates the magnitude of the event. b 212 
Map of the time-mean ERF from our ‘Climatology_x16’ experiment (see Methods). The orange box shows the region corresponding to the inset in panel a and illustrates 213 
the approximate area of the AOD perturbation in this experiment (Supplementary Fig. 6). 214 

 215 

To investigate whether these events could generate large ERF as suggested by our idealized experiments, we 216 

conduct experiments using a realistic AOD climatology of Indonesian biomass-burning (Methods), with a 217 

seasonal cycle which peaks in the dry season (Supplementary Fig. 9). We perform five experiments in which we 218 

successively double the climatological Indonesian plume AOD until the peak dry-season AOD is comparable to 219 

the 2015/2016 observations36, corresponding to 16 times the climatological AOD (Methods). Figure 5b shows 220 

the ERF from this experiment and demonstrates that despite the introduction of a seasonal cycle and use of a more 221 

realistic AOD distribution, the spatial pattern is remarkably like our idealized simulations over the ‘hot spot’ (e.g., 222 

Fig. 2h).  223 

 224 

The global-mean ERF scales linearly with the AOD burden in each of the experiments (Supplementary Fig. 10), 225 

which provides evidence that the reason large ERF has not been noted in previous studies which use 226 
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climatological AOD distributions29 or emissions from a single-year44 is not because we have misunderstood the 227 

physics, but rather because these large biomass-burning events are under-represented in climatological 228 

distributions and have strong inter-annual variability.  229 

 230 

Tropical SST variability such as ENSO also plays a role by modulating the pattern of tropical overturning and 231 

generating anomalous subsidence over this region, which would inhibit the remote influence on LWP and ERF 232 

we see in our experiments (Figure 3). This helps to explain why previous studies on the ERF of the 1997 233 

Indonesian wildfire45 (also associated with a strong El Nino) have found a positive ERF, localized to small scales. 234 

Our proposed mechanism predicts such a response (Fig. 3).  235 

 236 

Discussion 237 

In summary, our knowledge of how the climatic impact of aerosol depends on its spatial pattern is lacking as 238 

previous studies have often focused only on a small number of regions. To address this, we have conducted a 239 

series of experiments with a state-of-the-art climate model in which identical AOD perturbations we placed across 240 

the globe. We have shown, contrary to the assumption commonly made in previous studies, that the ERF of 241 

absorbing aerosol depends strongly on its spatial pattern, with even the sign of the forcing varying markedly 242 

between different perturbation sites. In the extratropics, we find that meridional advection of high latitude air 243 

‘confines’ the heating anomaly from the AAs to local scales and drives a positive ERF through reductions in LWP 244 

local to the plume. On the other hand, in the tropics the ERF is determined by interactions between the diabatic 245 

heating and the structure of the tropical overturning circulation. In regions of large-scale descent, the diabatic 246 

heating anomaly is confined to local scales, generating a similar response to the extratropical case. However, in 247 

regions of large-scale ascent the AAs excite significant wave activity which generates positive LWP anomalies 248 

across the globe and a strong, negative ERF.  249 

 250 
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Of particular interest is the ‘hot spot’ of negative ERF we identify in response to AAs over the Western tropical 251 

Pacific, which suggests there could be large, transient ERF from seasonal biomass-burning over this region. We 252 

explored this question using a realistic climatology of Indonesian biomass-burning, constrained by AERONET 253 

observations during the 2015/2016 wildfire event, and showed that significant ERF of ~ O(-1Wm-2) is possible 254 

via our proposed mechanism. Our results demonstrate that Indonesian biomass-burning could represent a 255 

significant source of negative ERF on interannual timescales, particularly during non-ENSO years46. 256 

 257 

Although it is known that non-local circulation adjustments can influence ERF47, previous work has questioned 258 

their importance compared to local thermodynamic changes44. For example, Johnson et al., (2019) showed that 259 

suppressing circulation changes with nudging did not impact their estimates of global-mean ERF. However, their 260 

experiment used emissions from a single year (2014) which did not have significant biomass burning over the 261 

Western tropical Pacific. In contrast, for the case of AAs, our results demonstrate that non-local circulation 262 

adjustments can play a first-order role in determining the ERF, even on global-mean scales. This suggests that, 263 

while nudged experiments can be useful for diagnosing ERFs dominated by scattering aerosol, caution is needed 264 

when using nudged experiments to determine the ERF from AAs. 265 

 266 

Although our analysis does not explore inter-model differences, given the robustness of the response across a 267 

hierarchy of model configurations and its interpretability in terms of robust atmospheric dynamics, it is unlikely 268 

we would find qualitatively different sensitivities in a different GCM. However, given the difficulty in correctly 269 

representing convection in models, future work should leverage the emerging power of global cloud-resolving 270 

models48 to build confidence in the physical processes driving this pattern of ‘forcing efficiency’. Furthermore, 271 

our experiments focus on the ERF from aerosol-radiation interactions and neglect the ‘indirect’ impacts of 272 

aerosol on cloud microphysical processes. However, given the uncertainty surrounding the microphysical 273 

interactions between clouds and absorbing aerosol27,49 we consider this a reasonable limitation of our study, 274 
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especially because that the uncertainty in ERF from aerosol-radiation interactions is comparable to that from 275 

aerosol-cloud interactions47. 276 

 277 

 278 

Methods 279 

Idealized simulations 280 

An ensemble of 145 fixed-SST simulations were conducted using the ICON (ICOsahedral Non-hydrostatic) general circulation 281 

model25/10/2021 12:07:00. This configuration of the ICON model uses the ECHAM6 physics packages50, including a bulk mass-flux 282 

convection scheme51,52 and cloud cover calculated locally in each grid box using a relative humidity scheme53. Other parametrization 283 

schemes used are the Lohmann and Roeckner cloud microphysics scheme54 and the PSrad radiative transfer scheme55, which 284 

implements the gas radiative transfer and solvers from the widely used Rapid Radiation Transfer Model56. We have extended the 285 

model so that the total aerosol radiative effect is calculated at every radiation time-step by performing a double-call to the radiation 286 

scheme with and without the aerosol perturbation and then subtracting the results, the instantaneous radiative forcing (IRF) is then 287 

calculated by differencing the total aerosol radiative effect between a perturbed run and the control. 288 

The simulations were run on a triangular grid (R02B04 specification) with a 223km edge length, corresponding to an average grid 289 

spacing of approximately 157.8km on a Cartesian grid. The model uses a terrain-following vertical sigma-height grid57 with 47 levels 290 

between the surface and the model top at 83km. Each simulation, including the control run, is integrated for 20 years with timesteps of 291 

15 minutes and 90 minutes for the dynamics and radiation, respectively, after which the first year is discarded as spin-up and analysis 292 

is conducted over the remaining 19 years. The simulation length was chosen as a trade-off between computational constraints and the 293 

requirement that our runs are long enough to give robust results in the face of internal variability. In terms of radiative forcing, Forster 294 

et al. (2016) demonstrated that a five-year run is sufficient to obtain robust statistics for the effective radiative forcing relative to a 295 

control run, and a single year is sufficient for obtaining values of the instantaneous radiative forcing58. 296 

As a further attempt to reduce variability due to trends in atmospheric composition, each simulation is run with greenhouse gases and 297 

ozone fixed at their 1979 levels. Additionally, the simulations are also forced by climatological monthly sea-surface temperatures 298 

(SSTs) and sea-ice concentrations derived from Atmospheric Model Intercomparison Project59 boundary conditions over 1979-2016 299 

(AMIP), eliminating SST-driven variability such as the El-Nino Southern Oscillation (ENSO) which could otherwise bias the results. 300 

Supplementary Fig. 1 c and d illustrates the annual-mean SST field used to force the model, demonstrating neutral ENSO conditions 301 

with a warm pool in the Western Pacific and a cold pool in the Eastern Pacific. 302 
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Aside from the control run, the only difference between the remaining 144 simulations is the inclusion of an idealized plume 303 

of absorbing aerosol at 144 different geographical locations (Supplementary Fig. 1a), parametrized using the Max Planck Institute 304 

Aerosol Climatology version 2, Simple Plume (MACv2-SP) model60. The plume’s horizontal structure is specified to be a 2-305 

dimensional Gaussian function with a standard deviation of 10° degrees. The vertical distribution of aerosol is based on the kernel of 306 

Euler's β-function (see details in Stevens et al., 2017), with most of the aerosol concentrated in the lower 3km of the atmosphere and a 307 

peak at ~1km (Supplementary Fig. 1b). We note that differences in the vertical plume profile may cause different responses of the 308 

climate system and general circulation24,61,62, however Kinne et al. (2013) found that a vertical distribution like ours is broadly-309 

representative of the vertical structure of fine-mode AOD63. Both the horizontal and vertical structure of the plume are constant in time 310 

and the shape of the plume is not influenced by the local meteorology.  311 

In each of the aerosol perturbation experiments the plume is prescribed with a total column AOD=1 and a single-scattering 312 

albedo (SSA) of 0.8, both defined at a wavelength of 550nm. This corresponds to a strongly absorbing plume of aerosol, generating a 313 

large diabatic heating perturbation in the lower atmosphere, even while generating cooling at the surface. Furthermore, to isolate the 314 

role of the radiative impact of the plume we do not include the microphysical effects of the aerosol plume which are also described in 315 

Stevens et al. (2017), so the radiative forcing we calculate is the ERFARI in the framework of AR5.  316 

The location of the 144 idealized aerosol plumes was chosen to provide broad coverage over the entire globe, while also 317 

ensuring that there are several plumes in semi-realistic locations. For example, our setup includes plumes over Europe, North 318 

America, South America, Australia, China, India, Central Africa, and the Maritime Continent alongside far less realistic plumes of 319 

absorbing aerosol over the remote oceans and polar regions. We choose to take this approach for two reasons: firstly, although aerosol 320 

perturbations are highly localized over their source region, it is possible for them to be advected long distances by the large-scale 321 

circulation. Secondly, although many of these plumes are less realistic, they allow us to sample many different surface properties and 322 

local and large-scale meteorological conditions, which aids us in building a physical picture of what sets the response. 323 

Calculation of ERF and fast adjustments 324 

We calculate the effective radiative forcing (ERF) as the difference between the net top-of-atmosphere (TOA) radiative fluxes 325 

between a perturbation experiment and the control (after discarding the first year as spin-up, and taking averages over the subsequent 326 

19 years), following the suggestion of Forster et al. (2016). All experiments are conducted with fixed-SSTs and sea-ice concentrations. 327 

We then use the instantaneous radiative forcing (IRF) , diagnosed as the difference between aerosol radiative effect in the perturbed 328 

and control experiments, to calculate the contributions from fast-adjustments in clear- and cloudy-sky as: 329 

Adjclear = ERFclear − IRFclear 330 
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Adjcloudy = ERFcloudy − IRFcloudy 331 

Where ERFclear and ERFcloudy are defined the same as the ERF but only using TOA fluxes in clear- and cloudy- sky, respectively. 332 

Clear-sky rapid adjustments 333 

To understand the variations in clear-sky rapid adjustments, we note that, globally, the outgoing longwave radiation (OLR) can be 334 
written as: 335 
 336 

																																																									𝑂𝐿𝑅 = 𝜖𝜎𝑇*																																																																		(1)											338 
 337 

Where 𝜎𝑇* is the surface blackbody emission, and 𝜖 is an ‘effective emissivity’ defined such that equality holds at a given 339 
temperature. In our control experiment, with OLR≈240 Wm-2 and T ≈ 280K, we find 𝜖 ≈ 0.6	8Wm-2K-19. Given a change in global-340 
mean temperature, one can then relate the clear-sky adjustments to the first-order Taylor expansion about the control state: 341 

 342 

                                          Adj
clear

= −𝑑OLR

𝑑𝑇 ⋅ 𝛿𝑇 ≈ −4𝜖𝜎𝑇+ ⋅ 𝛿𝑇																																	(2)											 343 

This scaling is found to reproduce most of the variance in clear-sky rapid adjustments in our experiments (Supplementary Fig. 2). 344 

Aquaplanet simulations 345 

We run our ICON aquaplanet simulations for 10 years, with the first year discarded as spin-up and analysis conducted on time-346 

averages of the final 9 years. The SST is prescribed in each experiment, with the zonal-mean SST taken as the ‘control’ distribution 347 

from Neale and Hoskins (2000)64, in addition to a wavenumber-2 SST dipole which spans one half-hemisphere and takes the form, 348 

δSST = 3cos(2λ)cos Gπ
2
H ϕ
ϕ0
IJ         for − /

*
< 𝜆 < +/

*
 . 349 

Here 𝜆 is the longitude, ϕ is the latitude and ϕ0 = /

1
	= 	 302 is the latitudinal width of the perturbation. The amplitude of the dipole is 350 

thus ±3K. The AA perturbations are prescribed at regular longitude intervals spanning between the peaks of the SST dipole 351 

(Supplementary Fig. 5) and the aerosol properties are identical to those used in the main experiments.  352 

Stream-function calculation 353 

To calculate the zonal-mass stream-function for tropical overturning, we first use the windspharm library65 to calculate the divergent 354 

component of the zonal wind, 𝑢345, using a Helmholtz decomposition66 and then calculate the zonal-mass stream-function at each 355 

pressure, p, and latitude, ϕ, using:  356 

ψ(ϕ, 𝑝) = 678"

9
∫ 𝑢345(𝑝:, ϕ)𝑑𝑝:;

1000hPa
 . 357 

Here 𝑅@ is the earth’s radius. To plot longitude-pressure cross-sections, we then average ψ between ±20o of the equator using area-358 

weighting. 359 
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Indonesian plume experiments 360 

We conduct experiments with the realistic climatology of Indonesian biomass-burning from Stevens et al., (2017), which has a simple 361 

seasonal cycle peaking in the dry season (Supplementary Fig. 7) and a prescribed single-scattering albedo of 0.87. We then run a 362 

series of five, 10-year experiments, with the AOD in each experiment scaled by an extra factor of 2 compared to the climatology. The 363 

vertical profile of the aerosol is the same in each experiment and only the magnitude is varied. The ‘Climatology_x16’ experiment has 364 

a seasonal cycle of AOD which compares favourably with the 2015/2016 AERONET observations and the results of Kiely et al., 365 

(2019). For more details see Stevens et al., (2017). 366 
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