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Abstract 15 

Atmospheric transient eddy dynamical forcing (TEDF)-driven midlatitude 16 

unstable air-sea interaction has recently been recognized as a crucial positive feedback 17 

for the maintenance of the extratropical decadal variabilities. Our previous theoretical 18 

work by Chen et al. (2020) characterizes such an interaction with building an analytical 19 

midlatitude barotropic atmospheric model coupled to a simplified upper oceanic model. 20 

This study firstly extends the analytical model to a two-layer quasi-geostrophic 21 

baroclinic atmospheric model coupled to a simplified upper oceanic model and then 22 

identifies the roles of vertical distributions of atmospheric TEDF and diabatic heating 23 

in midlatitude unstable air-sea interaction. It is found that the midlatitude air-sea 24 

coupling through atmospheric TEDF and diabatic heating with more realistic vertical 25 

profile destabilizes the oceanic Rossby wave mode over the entire range of zonal 26 

wavelengths, and the most unstable mode exhibits an equivalent barotropic structure 27 

with geopotential lows (highs) over cold (warm) water. The spatial configuration 28 

structure and period of the most unstable coupled mode are more consistent with the 29 

observation than those from the previous model. Although either TEDF or diabatic 30 

heating alone can lead to unstable air-sea interaction, the former is dominant to the 31 

instability. TEDF in both higher and lower layers can cause unstable coupled mode 32 

individually, while the lower-layer forcing stimulates instability more effectively. 33 

Surface diabatic heating always destabilizes the coupled mode, while the mid-level 34 

heating always decays the coupled mode. Moreover, the influences of oceanic 35 

adjustment processes, air-sea coupling strength and background zonal wind on the 36 

unstable coupled mode are also discussed. The results of this study further prove the 37 

TEDF-driven positive feedback mechanism in midlatitude air-sea interaction proposed 38 

by recent observational and numerical experiment studies. 39 

Keywords: Midlatitude air-sea interaction, diabatic heating, transient eddy vorticity 40 

forcing, baroclinic atmosphere model  41 
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1 Introduction 42 

Observational studies have revealed that there is a significant decadal variability in the 43 

midlatitude North Pacific ocean–atmosphere system (Trenberth 1990; Graham et al. 44 

1994; Minobe 1997; Mantua et al. 1997; Enfield and Mestas-Nunez 1999; Zhu and 45 

Yang 2003; Fang et al. 2006). The decadal mode of North Pacific SST anomalies, also 46 

known as the Pacific Decadal Oscillation (PDO), is well correlated with the 47 

atmospheric circulation anomalies that exhibit an equivalent barotropic structure in the 48 

vertical direction, with geopotential lows (highs) above cold (warm) water (Kushnir et 49 

al. 2002; Namias and Cayan 1981; Fang and Yang 2016). Such an equivalent barotropic 50 

cold/ trough (warm/ridge) structure is also the typical feature of midlatitude climate 51 

variabilities on decadal time scale (Cayan 1992; Deser and Blackman 1993). 52 

As we know, to generate an oscillation, a positive feedback mechanism is needed 53 

to make the initial perturbation develop, and a delayed negative feedback mechanism 54 

is also needed to make the anomalous phase transition. For PDO, the negative feedback 55 

mechanism is thought to be the slow upper-ocean adjustment processes involving the 56 

oceanic gyre (Latif and Barnett 1994; Fang et al. 2006), the subduction (Gu and 57 

Philander 1997), and the oceanic Rossby wave propagation (Qiu et al. 2007). The 58 

decadal time scale of PDO is determined by the adjustment period. While the positive 59 

feedback mechanism is considered to be the local large-scale ocean-atmosphere 60 

interaction in the middle latitudes (Latif and Barnett 1994, 1996; Latif 1999; Miller and 61 

Schneider 2000; Robertson 1996; Zorita and Frankignoul 1997). Though a number of 62 

observations, theoretical analyses and GCM simulations have provided evidence for the 63 

active feedback of extratropical SST on large-scale atmospheric circulation (Saravanan 64 

and McWilliams 1997, 1998; Neelin and Weng 1999; Latif and Barnett 1996; Liu and 65 

Wu 2004; Zhong et al. 2008; Zhu et al. 2008; Fang and Yang 2011), the mechanism 66 

responsible for the midlatitude air-sea interaction remains unclear for a long time. It is 67 
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primarily because the processes by which the midlatitude sea surface temperature (SST) 68 

anomaly affects the seasonal-mean atmospheric anomaly has not been fully understood.  69 

Different from the tropical atmospheric circulation that is mainly driven by the 70 

SST-induced convective diabatic heating, the midlatitude atmospheric circulation is 71 

both thermally- and eddy-driven. Since the atmospheric stratification in the middle 72 

latitudes is stable, the SST-induced diabatic heating, mostly through sensible heat 73 

transportation and latent heat release, is relatively weak and mainly confined to the 74 

lower troposphere. On the other hand, the midlatitude atmosphere is strongly baroclinic, 75 

and the synoptic transient eddies are the most active over midlatitude oceans, 76 

particularly over the midlatitude oceanic frontal zones, forming stormtracks (Ren et al. 77 

2010; Chu et al. 2013; Liu et al. 2014; Nakamura et al. 2004; Small et al. 2008; Wang 78 

et al. 2017). The nonlinear interaction of transient eddies can systematically transport 79 

heat and momentum, driving and maintaining atmospheric circulations in the middle 80 

latitudes (Ren et al. 2011; Xiang and Yang 2012; Zhang et al. 2012; Nie et al. 2013, 81 

2014). From the perspective of quasi-geostrophic potential vorticity (QGPV) dynamics, 82 

the seasonal-mean PV sources include the diabatic heating, the transient eddy heating, 83 

and the transient eddy vorticity forcing (Lau and Holopainen 1984; Fang and Yang 84 

2016). The latter two items that are caused by the convergence of the heat and vorticity 85 

transport by transient eddies, respectively, can be considered as indirect forcing sources 86 

of atmospheric circulation. Therefore, the midlatitude SST anomalies can affect the 87 

atmosphere by changing both the diabatic heating and the transient eddy forcing.  88 

Fang and Yang (2016) identified the distribution features of the PDO-related 89 

atmospheric forcing terms and quantitatively diagnosed their effect on the atmosphere. 90 

Based on these analyses, a hypothesis on the positive feedback mechanism for 91 

midlatitude unstable air-sea interaction in the North Pacific was further proposed. An 92 

initial midlatitude surface westerly anomaly accompanied with intensified Aleutian low 93 

tends to force a negative SST anomaly by increasing upward surface heat fluxes and 94 
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driving southward Ekman current anomaly. Then, the basin-scale SST cooling tends to 95 

increase the meridional SST gradient in its southern flank, thus enhancing the 96 

subtropical oceanic front. As an adjustment to the enhanced oceanic front, the low-level 97 

atmospheric baroclinicity tends to be strengthened, and more transient eddies are 98 

generated, resulting in more meridional thermal and momentum transportation. 99 

Although all the diabatic heating, transient eddy heating and transient eddy vorticity 100 

forcing are increased during these processes, only the atmospheric response to the 101 

transient eddy vorticity forcing tends to be barotropic. The vorticity forcing that 102 

dominates the total atmospheric forcing tends to produce an equivalent barotropic 103 

atmospheric low pressure that intensifies the initial anomalies of the midlatitude surface 104 

westerly and Aleutian low. Therefore, the midlatitude ocean–atmosphere interaction, in 105 

which the oceanic front and the atmospheric transient eddy are the indispensable 106 

ingredients, can provide a positive feedback mechanism for the development and 107 

maintenance of the observed decadal anomalies in the midlatitude North Pacific ocean–108 

atmosphere system. This hypothesis has also been confirmed by the later observational 109 

and numerical simulation studies (Wang et al., 2017; Wang et al. 2019; Tao et al. 2020; 110 

Zhang et al. 2020).  111 

Since the transient eddy dynamical feedback is an important process for the ocean 112 

to influence the atmosphere, in our recent work (Chen et al, 2020, hereinafter 113 

CYF2020), an analytical coupled air-sea model including atmospheric vorticity forcing 114 

is established to investigate its contribution to midlatitude unstable air-sea interaction. 115 

The transient eddy vorticity forcing is parameterized to be linearly proportional to the 116 

meridional second-order derivative of SST on the base of observational analyses. 117 

Considering the prominent characteristics of the equivalent barotropic structure of the 118 

midlatitude atmospheric circulation, for simplicity, the atmospheric model is assumed 119 

to be barotropic. It is found that the oceanic Rossby wave stimulated by air-sea coupling 120 

can be unstable within a wide range of wavelengths. The configuration structure of the 121 
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most unstable mode is similar to that of the observed decadal variability. Although both 122 

surface diabatic heating and transient eddy vorticity forcing can cause unstable mode, 123 

the latter plays a dominant role. This results also provide theoretical support for the 124 

midlatitude ocean-atmosphere interaction hypothesis. 125 

However, in the previous theoretical research, the assumption of barotropic 126 

atmosphere is simple. Actually, both diabatic heating and transient eddy vorticity 127 

forcing have vertical variations. Some studies using linear baroclinic model show that 128 

the atmospheric response is sensitive to the vertical structure of the idealized heat 129 

source. To low-level heating, the atmosphere tends to produce a barotropic low-130 

pressure response, while to the mid-level heat source, the atmospheric response tends 131 

to be baroclinic (Qiu et al. 2014; Hoskins and Karoly 1981; Fang and Yang 2011). 132 

Moreover, the influence of vertical distribution of the transient eddy vorticity forcing 133 

on the atmospheric response is still unclear. 134 

Therefore, in the present study, the atmospheric component of the analytical 135 

midlatitude coupled air-sea model in CYF2020 is extended to a two-layer baroclinic 136 

quasi-geostrophic model, and the oceanic component remains a one and a half-layer 137 

upper ocean model. The vertical structures of diabatic heating and transient eddy 138 

vorticity forcing are both taken into account to further explore their relative 139 

contributions to midlatitude unstable ocean-atmosphere interaction. The paper is 140 

organized as follows. Description of the analytical coupled model are presented in 141 

Section 2. The dynamical features of midlatitude air-sea coupled mode and the relative 142 

contributions of diabatic heating and transient eddy vorticity forcing with difference 143 

vertical profiles are examined in Section 3 and Section 4, respectively. Comparison 144 

with the results of barotropic model is presented in Section 5. Influence of other 145 

processes and factors on unstable coupled mode such as the oceanic adjustment 146 

processes, the air-sea coupling intensity and the background atmospheric flow are 147 

discussed in Section 6. The final section is devoted to the conclusions and discussion. 148 
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2. An extended analytical midlatitude coupled air-sea model 149 

Figure 1 shows the diagram of the extended analytical coupled model used in this study. 150 

The atmospheric component is described by a two-layer baroclinic quasi-geostrophic 151 

model with a shallow boundary layer. The oceanic component remains a quasi-152 

geostrophic upper-ocean model, as in CYF2020, which consists of a constant-depth 153 

mixed layer, a thin entrainment layer and a thermocline layer. Both the atmosphere and 154 

ocean are governed by their respective quasi-geostrophic potential vorticity (QGPV) 155 

equations on a midlatitude beta plane. 156 

For the atmosphere, the diabatic heating is imagined to occur both at the top of 157 

boundary layer (surface heating, 𝑄𝑠 ) and between the two layers (mid-level 158 

heating, 𝑄). The transient eddy vorticity forcing (𝐹𝑒𝑑𝑑𝑦) exists in both layers. Since the 159 

adjustment time scale of the atmosphere is much shorter than that of the ocean, the 160 

atmospheric fluctuations are assumed to be a steady-state response to the forcing 161 

sources. Therefore, the seasonal mean QGPV equations for the two atmospheric layers 162 

can be written as 163 

          𝐽(�̅�1, �̅�1) + 𝑟∇2�̅�1 = �̅�𝑒𝑑𝑑𝑦1 − 𝑔𝐻𝑎�̅�2𝑓𝐿𝑎2    and                   (1) 164 

    𝐽(�̅�2, �̅�2) + 𝑟∇2�̅�2 = �̅�𝑒𝑑𝑑𝑦2 + 𝑔𝐻𝑎(�̅�−�̅�𝑠)2𝑓𝐿𝑎2 ,                    165 

(2) 166 

where the overbar denotes seasonal mean, 𝑞 is the potential vorticity defined by 167                                                �̅�1 = ∇2�̅�1 + 𝛽𝑦 −168 1𝐿𝑎2 (�̅�1 − �̅�2) and                (3) 169 

         �̅�2 = ∇2�̅�2 + 𝛽𝑦 + 1𝐿𝑎2 (�̅�1 − �̅�2) ，                  170 

(4) 171 𝜓  is the stream function, 𝐽(𝑎, 𝑏) = 𝜕𝑎𝜕𝑥 𝜕𝑏𝜕𝑦 − 𝜕𝑎𝜕𝑦 𝜕𝑏𝜕𝑥  is the Jacobi operator, 𝐿𝑎 =172 (𝑁𝑎𝐻𝑎)/(2𝑓) is the atmospheric baroclinic Rossby radius of deformation with 𝑁𝑎 173 
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the atmospheric Brunt–Väisälä buoyancy frequency，and 𝐻𝑎 is the depth of the free 174 

troposphere. According to the equations, the seasonal mean atmospheric circulation is 175 

driven by both diabatic heat forcing (the second term on the right hand) and transient 176 

eddy vorticity forcing (�̅�𝑒𝑑𝑑𝑦). The former term is proportional to the vertical gradient 177 

of diabatic heating, while �̅�𝑒𝑑𝑑𝑦 = −∇ ∙ �⃑� ℎ′𝜁′̅̅ ̅̅ ̅̅
 represents the seasonal mean vorticity 178 

transportation by synoptic transient eddies (denoted by primes). 𝑟∇2�̅� indicates the 179 

damping effect that is proportional to the relative vorticity, and 𝑟  is the diffusive 180 

coefficient with the characteristic time scale 𝑟−1 = 5 days (Pedlosky 1970). 181 

If we simply suppose that the basic state is horizontally uniform zonal flow with 182 

vertical shear, the seasonal mean atmospheric streamfunction can be expressed as the 183 

sum of a basic flow (climatological mean) and a perturbation (seasonal anomaly) like 184 �̅�1 = 𝜓1 − 𝑈1𝑦, �̅�2 = 𝜓2 − 𝑈2𝑦. Further decomposing the atmospheric circulation 185 

into barotropic and baroclinic components by defining 186 �̂� = 𝜓1 + 𝜓2; �̃� = 𝜓1 − 𝜓2                               (5) 187 �̂� = 𝑈1 + 𝑈2; �̃� = 𝑈1 − 𝑈2,                               (6) 188 

we can derive the linearized barotropic and baroclinic PV perturbation equations as 189    �̂� 𝜕𝜕𝑥 ∇2�̂� + �̂� 𝜕�̂�𝜕𝑥 + �̃� 𝜕𝜕𝑥 ∇2�̃� + 2𝑟∇2�̂� = 2𝐹𝑒𝑑𝑑𝑦1 + 2𝐹𝑒𝑑𝑑𝑦2 − 𝑔𝐻𝑎𝑄𝑠𝑓𝐿𝑎2        190 

(7) 191 

 �̂� 𝜕𝜕𝑥 {∇2�̃� − 2𝐿𝑎2 �̃�} + �̃� 𝜕�̂�𝜕𝑥 + �̃� 𝜕𝜕𝑥 ∇2�̂� + �̂� 𝜕�̃�𝜕𝑥 + 2𝑟∇2�̃� = 192 

2𝐹𝑒𝑑𝑑𝑦1 − 2𝐹𝑒𝑑𝑑𝑦2 − 2𝑔𝐻𝑎𝑄𝑓𝐿𝑎2 + 𝑔𝐻𝑎𝑄𝑠𝑓𝐿𝑎2  ,        (8) 193 

where �̂� = 2𝛽，�̃� = 2�̃�/𝐿𝑎2 . It should be noted that the surface diabatic heating and 194 

the atmospheric transient eddy vorticity forcing in each layer drive the barotropic and 195 

baroclinic components together, whereas the mid-level heating only acts on the 196 

baroclinic component.  197 
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As documented in CYF2020, the anomalous transient eddy vorticity forcing is 198 

proportional to the meridional second order derivative of SST anomaly. Thus here the 199 

vorticity forcing in the upper layer is specified equal to that in the barotropic coupled 200 

model (CYF2020) given by 𝐹𝑒𝑑𝑑𝑦1 = 𝛾𝜕2𝑇1/𝜕𝑦2 , with 𝑇1  the sea surface 201 

temperature anomaly. Meanwhile, following Fang and Yang (2011) as well as Shutts 202 

(1987), the mid-level heating is prescribed to have the form of Newtonian relaxation of 203 

the atmospheric potential temperature perturbation at middle level 𝜃𝑎 to a radiative–204 

convective equilibrium temperature anomaly 𝜃𝑎∗, given by  205 𝑄 = −𝛾𝑎 ( 𝜃𝑎𝜃𝑎𝑜 − 𝜃𝑎∗𝜃𝑎𝑜) = −𝛾𝑎 ( 2𝑓𝑔𝐻𝑎 �̃� − 𝜃𝑎∗𝜃𝑎𝑜).            (9) 206 

Here 𝜃𝑎 has been converted to �̃� using the thermal wind relation, 𝜃𝑎𝑜 is a typical 207 

value of 𝜃𝑎, 𝛾𝑎 is the atmospheric air–sea heat exchange parameter, and 𝜃𝑎∗ is set to 208 

be the function of SST anomaly. For simplicity, it is assumed that 𝜃𝑎∗ = 𝑇1.  209 

Based on the observational analysis on the vertical distribution of the anomalous 210 

diabatic heating and transient eddy vorticity forcing in North Pacific region (Fig. 2b 211 

and c, quoted from CYF2020), the surface heating is estimated to be twice as large as 212 

that of mid-level heating (𝑄𝑠 = 𝛾2𝑄, 𝛾2 = 2), and the transient eddy vorticity forcing 213 

in the lower atmosphere is estimated to be 0.2 times of that in the upper atmosphere 214 

( 𝐹𝑒𝑑𝑑𝑦2 = 𝛿2𝐹𝑒𝑑𝑑𝑦1 , 𝛿2 = 0.2 ). Hence the atmospheric equations (7)-(8) can be 215 

rewritten as 216                    �̂� 𝜕𝜕𝑥 ∇2�̂� + �̂� 𝜕�̂�𝜕𝑥 + �̃� 𝜕𝜕𝑥 ∇2�̃� + 2𝑟∇2�̂�  217 

 = 2𝛾(1 + 𝛿2) 𝜕2𝜕𝑦2 𝑇1 + 2𝛾𝑎𝛾2𝐿𝑎2 (�̃� − 1𝑟𝑎 𝑇1) (9) 218 �̂� 𝜕𝜕𝑥 {∇2�̃� − 2𝐿𝑎2 �̃�} + �̃� 𝜕�̂�𝜕𝑥 + �̃� 𝜕𝜕𝑥 ∇2�̂� + �̂� 𝜕�̃�𝜕𝑥 + 2𝑟∇2�̃�  219 

 = 2𝛾(1 − 𝛿2) 𝜕2𝑇1𝜕𝑦2 + 2𝛾𝑎(2−𝛾2)𝐿𝑎2 (�̃� − 1𝑟𝑎 𝑇1), (10) 220 

Where 𝑟𝑎 ≡ (2𝑓𝜃𝑎𝑜)/(𝑔𝐻𝑎). 221 
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The oceanic component of the coupled model remains the same as in CYF2020 222 

and in Fang and Yang (2011). The upper-layer motion represented by the first 223 

baroclinic Rossby mode is controlled by a linear QGPV equation with a rest basic state 224 

driven by the curl of the surface wind stress. The evolution of SST is determined by the 225 

physical processes including horizontal advection, vertical entrainment and heat 226 

exchange at air-sea interface. The governing equations are given by 227              − 1𝐿𝑜2 𝜕𝜓𝑜𝜕𝑡 + 𝛽 𝜕𝜓𝑜𝜕𝑥 = 𝛼∇2(�̂�/2 − �̃�)                         228 

(11) 229 

𝜕𝑇1𝜕𝑡 = 𝑐1𝜓𝑜 − 𝑐2𝑇1 − 𝑐3𝑊𝑒 + 𝑐4 𝜕𝜓𝑜𝜕𝑥 + 𝑐4 𝐻−𝐻1𝐻 𝑣𝑠 − 𝛾𝑜(𝑇1 − 𝑟𝑎�̃�),    (12) 230 

where 𝜓𝑜 is the upper-layer oceanic geostrophic streamfunction, 𝐿𝑜 is the oceanic 231 

baroclinic Rossby radius of deformation, 𝑐1, 𝑐2, 𝑐3 and 𝑐4 are all positive coefficients 232 

relevant to advection and entrainment processes, and 𝛾𝑜 is the oceanic air-sea heat 233 

exchange parameter.  234 

Therefore, equations (9)-(12) constitute the final closed equations for the coupled 235 

ocean-atmosphere model. Compared with the coupled model used in Fang and Yang 236 

(2011), the mechanism of transient eddy dynamical feedback is introduced in the 237 

present model. Also, the coupled model with barotropic atmosphere in CYF2020 can 238 

be regarded as a special case of the present model.  239 

3. Features and dynamics of the unstable midlatitude coupled modes 240 

The perturbations of the atmospheric and oceanic variables are assumed to be limited 241 

within a [0, π] channel in Y direction, and to satisfy the standard plane wave solution 242 

in X direction with the form  243 (�̂�, �̃�, 𝜓𝑜, 𝑇1) = (�̂�′′, �̃�′′, 𝜓𝑜′′, 𝑇1′′)𝑒𝑖(𝑘𝑥−𝜎𝑡)𝑠𝑖𝑛𝑙𝑦.                  (13) 244 

Here �̂�′′, �̃�′′, 𝜓𝑜′′ and 𝑇1′′ are the amplitudes of these variables, 𝜎 is the complex 245 

frequency, 𝑘  and 𝑙  are the horizontal wavenumbers in 𝑥  and 𝑦  directions, 246 
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respectively. Inserting (13) into equations (9)-(12), we can obtain the following 247 

dispersion relations of the coupled modes: 248 

 𝜎± = 12 {𝜔𝑟 − 𝑖𝑐2 − 𝑖𝛾𝑜 + [2𝛾𝑙2(1+𝛿2)+2𝛾𝑎𝛾2𝐿𝑎2 1𝑟𝑎][𝛾𝑜𝑟𝑎−[𝑐3′𝑓𝐾2+𝑐4′(𝑟𝑠𝑘+𝑓𝑙)𝑖]𝛼(𝜇2+1)(𝑓2+𝑟𝑠2)]𝜇𝑘(−�̂�𝐾2+�̂�−2𝑟𝐾2𝑖𝑘 )+�̃�𝑘𝐾2+2𝛾𝑎𝛾2𝐿𝑎2𝑖 }  249 

±𝑖{− 14 (𝜔𝑟 + 𝑖𝑐2 + 𝑖𝛾𝑜 − [2𝛾𝑙2(1+𝛿2)+2𝛾𝑎𝛾2𝐿𝑎2 1𝑟𝑎][𝛾𝑜𝑟𝑎−[𝑐3′𝑓𝐾2+𝑐4′(𝑟𝑠𝑘+𝑓𝑙)𝑖]𝛼(𝜇2+1)(𝑓2+𝑟𝑠2)]𝜇𝑘(−�̂�𝐾2+�̂�−2𝑟𝐾2𝑖𝑘 )+�̃�𝑘𝐾2+2𝛾𝑎𝛾2𝐿𝑎2𝑖 )2 − (𝑐1 +250 

𝑐4𝑖𝑘) 𝛼𝐾2𝐿𝑜2(𝜇2+1)[2𝛾𝑙2(1+𝛿2)+2𝛾𝑎𝛾2𝐿𝑎2 1𝑟𝑎][𝜇𝑖𝑘(−�̂�𝐾2+�̂�−2𝑟𝐾2𝑖𝑘 )+�̃�𝑖𝑘𝐾2+2𝛾𝑎𝛾2𝐿𝑎2 ]}12 ,                               (14) 251 

where 𝜔𝑟 ≡ −𝑘𝛽𝐿o2  is the frequency of free oceanic baroclinic Rossby wave, 𝐾2 =252 𝑘2 + 𝑙2  represents the square of total wavenumber, 𝑐3′ = 𝑐3(𝐻 − 𝐻1)  and 𝑐4′ =253 𝑐4(𝐻 − 𝐻1)/𝐻1 are both positive coefficients, and 254 

                𝜇 = �̃�𝐾2+�̂�𝐾𝑎2−�̂�+2𝑟𝐾2𝑖𝑘 +2𝛾𝑙2𝐿𝑎2𝑟𝑎𝛾𝑎𝛾2 (−�̂�𝐾𝑎2+�̂�−2𝑟𝐾2𝑖𝑘 +2𝛾𝑎𝛾2𝐿𝑎2𝑖𝑘 )�̂�𝐾2−�̂�+2𝑟𝐾2𝑖𝑘 +�̃�𝐾2−�̃�+2𝛾𝑙2𝐿𝑎2𝑟𝑎𝛾𝑎𝛾2 (−�̃�𝐾2+�̃�)                 255 

(15) 256 

measures the relative strength of barotropic and baroclinic modes as  �̂� = −𝜇�̃�.  257 

The two solutions of (14) corresponds to two coupled modes caused by midaltitude 258 

air–sea interaction. The real part of 𝜎 represents the frequency of the coupled mode 259 

and the imaginary part indicates the growth rate of the amplitude of coupled mode. 260 

Therefore, the coupled mode will be unstable if the imaginary part of 𝜎 is positive. 261 

Given the same parameter values as in CYF2020 (see Table 1), except that the basic 262 

zonal wind for upper and lower atmosphere are 𝑈1 = 17𝑚𝑠−1  and 𝑈2 = 8𝑚𝑠−1 263 

respectively. The frequency and growth rate of the two coupled modes can be calculated 264 

as a function of zonal wavelength. The frequency curve of the first mode (the blue line 265 

in Fig.3a) is very close to that of the free oceanic Rossby wave (the red line), thus the 266 

first coupled mode (𝜎+) is essentially a coupled oceanic Rossby wave mode modified 267 

by air–sea interaction. The coupled oceanic Rossby wave propagates westward and 268 

destabilizes over the whole range of wavelengths (Fig. 3b). The other coupled mode 269 
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(𝜎−) corresponds to a eastward-propagating decay mode since its growth rate is always 270 

negative within entire zonal wavelengths (Figure not shown). Because our focus in this 271 

study is mainly on the unstable air–sea interaction, the damping mode will no longer be 272 

discussed in the following part. 273 

The most unstable coupled Rossby wave mode occurs at the wavelength around 274 

9900km (Fig. 3b). Its corresponding frequency is -0.7765 per year (Fig. 3a) and thus 275 

the period is nearly 8 years, close to that of the observed decadal variability. Figure 4 276 

shows the spatial phase relationships between the SST anomaly (shaded) and the upper- 277 

and lower-layer atmospheric streamfunction as well as upper-oceanic streamfunction 278 

anomalies (contours) for the most unstable coupled mode. It can be found that the 279 

upper- and lower-layer atmospheric streamfunction anomalies are both in phase with 280 

the SST anomaly, indicating that the atmospheric response to the SST anomaly is 281 

equivalent barotropic with highs (lows) over warm (cold) water (Fig. 4a and 4b). In 282 

addition, the wind-driven upper oceanic streamfunction anomaly has a small eastward 283 

phase shift relative to SST and atmospheric streamfunction anomalies, mainly due to 284 

the advection process. Such configuration relationship between atmospheric and 285 

oceanic anomalies is also consistent with that of the observed decadal variability. Hence, 286 

it is suggested that midlatitude ocean-atmosphere interaction through thermal and 287 

transient eddy dynamical feedback can produce a coupled oceanic Rossby wave mode 288 

on decadal time scale with equivalent barotropic cold trough/warm ridge structure.  289 

Compared with the results of CYF2020 in which the atmosphere is assumed to be 290 

barotropic, the period of the most unstable mode becomes longer, and the associated 291 

anomalous SST and atmospheric streamfunction are exactly in phase like observation 292 

instead of having a small phase shift in 𝑥 direction (Fig.5). However, the unstable 293 

growth rate is reduced by more than half (Fig. 11a). The differences between the two 294 

works and the causing reasons will be discussed in detail in Section 5. 295 
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4. Roles of diabatic heating and atmospheric transient eddy vorticity forcing  296 

4.1 Role of diabatic heating with different vertical profiles 297 

In this coupled model, diabatic heat forcing and atmospheric transient eddy vorticity 298 

forcing are the two PV sources that jointly affect the seasonal-mean atmospheric 299 

circulation anomaly. To examine the relative contributions of different PV sources in 300 

destabilizing the coupled oceanic Rossby wave mode, the transient eddy vorticity 301 

forcing term is firstly removed by setting 𝛾 = 0 in equations (9) and (10). Three cases 302 

with different heating profiles are investigated, respectively: surface heating only case 303 

(𝑄𝑠 ≠ 0,𝑄 = 0), mid-level heating only case (𝑄𝑠 = 0, 𝑄 ≠ 0) and both surface and 304 

mid-level heating case (𝑄𝑠, 𝑄 ≠ 0).  305 

The dispersion relation curves of all the three cases are basically the same as 306 

shown in Fig. 6a, 6c and 6e, coinciding with that of the free oceanic Rossby wave. 307 

When the surface heating is considered alone, the coupled oceanic Rossby mode also 308 

destabilizes over the entire wavelength range (Fig. 6b), but its growth rate decreases 309 

significantly compared with the standard case (full PV sources case, Fig. 3b) and the 310 

most unstable mode shifts to shorter wavelength at around 8500km. However, if the 311 

mid-level heating is added alone, the coupled oceanic Rossby mode becomes a weak-312 

damping mode.  Comparing the phase relationships of atmospheric and oceanic 313 

variables for the two cases (Fig. 7), we can find that the atmospheric responses for the 314 

two cases are nearly opposite. To surface cooling induced by cold SST anomaly, the 315 

atmospheric response shows an equivalent barotropic lows above cold water anomaly 316 

(Fig. 7a and c), similar as in the standard case but with a eastward phase shift relative 317 

to SST anomalies. The surface low pressure can sustain the cyclonic oceanic flow and 318 

enhance the cold SST anomaly by transporting cold water (Fig. 7e), forming a positive 319 

feedback. Thus the stimulated coupled Rossby wave mode is a growing mode. Whereas 320 

to the SST induced mid-level cooling, the upper atmospheric streamfunction has an in-321 
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phase high anomaly response (Fig. 7b), and the lower atmospheric streamfunction 322 

anomaly leads that of the upper layer by nearly 𝜋/2 phase (Fig. 7d). The surface high 323 

pressure will weaken the cyclonic oceanic flow and thus reduce the cold SST anomaly. 324 

Therefore, the coupled Rossby wave mode decays gradually. 325 

When the surface and mid-level heating are both included, the results are very 326 

similar to that of the surface heating only case (Fig. 6f), indicating that the contribution 327 

of diabatic heating to the unstable air-sea coupled mode is dominant by the surface 328 

heating. Mid-level heating that tends to cause baroclinic atmospheric response is not 329 

conducive to the unstable coupled mode while surface heating always benefits the 330 

instability. Figure 10a shows the variation of unstable growth rate with zonal 331 

wavelength and surface heating intensity. Here the mid-level heating is fixed and the 332 

surface heating is modified continuously by changing 𝛾2 . It can be seen that 333 

corresponding to the fastest-growing mode, the stronger the surface heating is (the 334 

larger 𝛾2 is), the more unstable the coupled mode becomes.  335 

4.2 Role of transient eddy vorticity forcing with different vertical profiles 336 

Similarly, by setting 𝛾𝑎 = 0 in equations (9) and (10), the diabatic heating is neglected. 337 

Transient eddy vorticity forcing becomes the only PV source of atmosphere. Here we 338 

also illustrate three cases with different vertical profiles of transient eddy vorticity 339 

forcing: when the vorticity forcing occurs only in lower troposphere ( 𝐹𝑒𝑑𝑑𝑦2 ≠340 0, 𝐹𝑒𝑑𝑑𝑦1 = 0), only in higher troposphere (𝐹𝑒𝑑𝑑𝑦2 = 0, 𝐹𝑒𝑑𝑑𝑦1 ≠ 0), and in both layers 341 

(𝐹𝑒𝑑𝑑𝑦2, 𝐹𝑒𝑑𝑑𝑦1 ≠ 0 ).  342 

In all the three cases, the oceanic Rossby wave mode can be unstable over the 343 

entire wavelength range (Fig. 8). However, in the lower-layer forcing case, the 344 

instability of the coupled mode is very weak. The growth rate of the most unstable mode 345 

is only 0.0226（𝑦𝑟𝑠−1）, and the corresponding wavelength and period are 8800km 346 

and 7.67 yrs, respectively (Fig. 8b and e). While in the higher-layer forcing case, the 347 
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growth rate of the most unstable mode is increased evidently, corresponding to a longer 348 

wavelength 9900km and a longer period 8.17 yrs (Fig. 8a and d). Meanwhile, the spatial 349 

phase relationship between atmospheric streamfunction and SST anomaly (Fig. 9a and 350 

c) is closer to that of the standard case (Fig. 3a and b). When the transient eddy vorticity 351 

forcing at both layers are considered at the same time, the variation of growth rate is 352 

similar as that of the upper-layer forcing case, but the most unstable growth rate is 353 

increased slightly with zonal wavelength around 10200km and period of 8.34 yrs (Fig. 354 

8c and f). Therefore, the upper-layer transient eddy vorticity forcing plays a dominant 355 

role in producing unstable air-sea interaction mode. 356 

However, it should be mentioned that in present study, the lower-layer transient 357 

eddy vorticity forcing is set to be 0.2 times of that of upper layer (𝛿2 = 0.2) according 358 

to the observational analysis. If we assume the magnitudes of the forcing at both layers 359 

are equal (𝛿2 = 1.0), which is equivalent to the setting in the atmospheric barotropic 360 

model (CYF2020), then the unstable growth rate is enhanced greatly no matter whether 361 

the higher-layer forcing is considered or not (as shown by the green lines in Fig. 8e and 362 

f). At this time, the contribution of individual lower-layer vorticity forcing on the 363 

unstable mode has overtook that of individual higher-layer forcing (Fig. 8d and e), 364 

suggesting that the lower-layer vorticity forcing stimulates instability more effectively. 365 

This can also be illustrated by Fig. 10b, in which the higher-layer forcing is fixed and 366 

the lower-layer forcing is changed continuously. With the increase of low-layer forcing, 367 

the unstable growth rate increases, and the fastest-growing mode moves to longer 368 

wavelength slightly. This phenomenon can also be explained by equations (7) and (8). 369 

According to the relationship between transient eddy vorticity forcing and SST 370 

anomalies, a cold SST anomaly will cause positive vorticity forcing in both layers. To 371 

the barotropic component of the atmosphere, 𝐹𝑒𝑑𝑑𝑦2  has equal contribution with 372 𝐹𝑒𝑑𝑑𝑦1 . But to the baroclinic component, 𝐹𝑒𝑑𝑑𝑦2  tends to decrease the baroclinic 373 

component by offsetting the contribution of 𝐹𝑒𝑑𝑑𝑦1 . Hence the lower-layer 374 
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atmospheric response of geopotential low anomaly will become stronger and 375 

strengthens the cold SST anomaly more effectively through driving cyclonic oceanic 376 

flow. 377 

Furthermore, although either diabatic heat forcing or transient eddy vorticity 378 

forcing can lead to unstable oceanic Rossby wave mode with similar equivalent 379 

barotropic structure, the latter has a much more contribution to the unstable growth rate 380 

(Fig.3b, 6f, 8f). It demonstrates that transient eddy dynamic feedback plays a more 381 

important role in unstable midlatitude ocean-atmosphere interaction. This conclusion is 382 

also consistent with that of previous theoretical study (Fang and Yang, 2016) and 383 

analytical model study with barotropic atmospheric model (CYF2020). 384 

5. Comparison with the results of coupled model with barotropic atmosphere 385 

In CYF2020, the atmosphere is assumed to be barotropic, and the diabatic heating only 386 

occurs at the top of boundary layer. Thus both the diabatic heat forcing that is 387 

proportional to the vertical gradient of diabatic heating and the transient eddy vorticity 388 

forcing are constant in the vertical direction. Nevertheless, as expressed by equations 389 

(7) and (8), in our present baroclinic atmospheric model, the surface diabatic heating 390 

only acts on lower-layer atmosphere whereas the mid-level heating impacts on both 391 

lower- and higher-layers but with opposite effect. Thus they both contribute to the 392 

baroclinic component and their contributions can offset each other to some extent. 393 

Moreover, if the transient eddy vorticity forcing is unchanged in vertical direction 394 

(𝐹𝑒𝑑𝑑𝑦1 = 𝐹𝑒𝑑𝑑𝑦2), like in the barotropic model, it will only impact on the barotropic 395 

atmospheric component. Otherwise, the difference between the transient eddy vorticity 396 

forcing in the two layers will cause baroclinic atmospheric response.  397 

Therefore the barotropic atmosphere model is equivalent to the barotropic 398 

component of atmosphere in our study if 𝑈 and 𝐹𝑒𝑑𝑑𝑦 are constant. Compared with 399 

the results of barotropic mode (orange line in Fig. 11a), the growth rate of the most 400 
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unstable oceanic Rossby wave (blue line in Fig. 11a) iss reduced by 70%. One reason 401 

is due to the offset effect by the mid-level diabatic heating (Fig. 11b), and the other 402 

reason is due to the weakening of lower-layer transient eddy vorticity forcing (Fig. 11c). 403 

As mentioned in Section 3, because the vertical structures of atmospheric PV sources 404 

and basic flow are more realistic in the present baroclinic model, the associated period 405 

and spatial configuration patterns of the unstable coupled mode approach the 406 

observation much better.  407 

6. Contributions of other processes and factors 408 

6.1 Relative roles of oceanic entrainment and advection processes 409 

In SST evolution equation (12), the oceanic processes determining SST change include 410 

horizontal advection, vertical entrainment and air-sea flux exchange, which represent 411 

the oceanic adjustment to the atmospheric forcing. The relative roles of different 412 

oceanic processes in destabilizing coupled oceanic Rossby wave mode are also 413 

examined below. 414 

Since the air-sea flux exchange just can stimulates very weak damping mode 415 

(figure not shown), the main processes we emphasize here are entrainment and 416 

advection. Figure 12 shows the growth rate as a function of wavelength for the coupled 417 

oceanic Rossby wave mode for the cases of all oceanic processes, of entrainment only 418 

and of advection only, respectively. It can be found that both entrainment and advection 419 

have contributions to unstable coupled mode. When the wavelength is shorter than 420 

10000km, the total unstable growth is contributed primarily by advection, while over 421 

the wavelength range beyond 10000km, it is contributed jointly by advection and 422 

entrainment.  423 

6.2 Influence of coupling strength and basic zonal flows 424 

The unstable coupled mode may be influenced by two kinds of critical parameters, the 425 

coupling coefficients (𝛾𝑎 and 𝛾) that determining the coupling strength between ocean 426 
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and atmosphere through thermal and dynamical processes, and the background zonal 427 

wind in the two atmospheric layers (𝑈1 and 𝑈2). For our standard case, the values of 428 

these parameters are set as 𝛾 = 11.2𝑠−2𝑚2𝐾−1, 𝛾𝑎 = 8 × 10−7𝑠−1, 𝑈1 = 17𝑚/𝑠, 429 𝑈2 = 8𝑚/𝑠, respectively. The influence of air-sea coupling strength and basic zonal 430 

flows on unstable ocean-atmosphere interaction is then estimated by changing the 431 

relevant parameter alone. 432 

Figure 13 shows the variation of growth rate of the most unstable Rossby wave 433 

mode with zonal wavelength versus dynamical coupling coefficient ( 𝛾 ), thermal 434 

coupling coefficient (𝛾𝑎), higher-layer basic zonal wind (𝑈1), lower-layer basic zonal 435 

wind (𝑈2), and vertical wind shear (�̃� = 𝑈1 − 𝑈2), respectively. The standard case is 436 

marked by “×” in the figure. It can be seen from Fig. 13a and b that the oceanic Rossby 437 

wave is always unstable within the present parameter field. With the increase of 438 

coupling strength, no matter dynamical coupling or thermal coupling, the instability of 439 

the coupled mode is enhanced. However, the influence of transient eddy dynamical 440 

feedback intensity is more prominent, because the enhancement amplitude is larger and 441 

the corresponding wavelength range is much wider. When the coupling is strengthened, 442 

the SST anomaly can force the atmosphere more strongly, especially through transient 443 

eddy vorticity forcing, thus the coupled mode becomes more unstable.  444 

The intensity as well as vertical shear of the basic zonal wind is also a crucial 445 

factor that determining the vertical structure of atmospheric response to SST anomalies. 446 

When the basic zonal wind in higher layer is larger than that in lower layer (𝑈1 >447 8𝑚/𝑠 ), the unstable growth rate decreases with the increase of 𝑈1  (Fig. 13c). 448 

Conversely, when the basic zonal wind in lower layer is less than that in higher layer 449 

(𝑈2 < 17𝑚/𝑠), the unstable growth rate increases with the increase of 𝑈2 (Fig.13d). 450 

That is to say, the larger the vertical wind shear, the weaker the instability (Fig. 13e). 451 

When the basic zonal winds in both layers are equal, as in the barotropic model, the 452 

unstable growth rate reaches its maximum (Fig. 13e). That is because the vertical wind 453 
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shear tends to weaken the barotropic atmospheric response by vorticity advection and 454 

thus unbenefited to the unstable coupled mode. 455 

7. Conclusions and discussion 456 

Midlatitude ocean-atmosphere interaction is believed to be an important source of 457 

decadal to interdecadal climate variabilities. However, mechanism responsible for the 458 

midlatitude ocean-atmosphere interaction remains unclear for a long time primarily due 459 

to the lack of understanding on how midlatitude oceans affect the atmosphere.  460 

Traditionally, people think the midlatitude SST impacts on the atmosphere mainly 461 

through diabatic heating, as in the tropics. But the pure thermal-driven circulation 462 

cannot explain the observed equivalent barotropic structure of decadal variabilities well. 463 

Meanwhile, the midlatitude atmosphere has strong baroclinicity, and the synoptic 464 

transient eddies accompanied with jet stream and storm track develop vigorously. The 465 

thermal and momentum transportation by transient eddies are also important forcing 466 

sources of midlatitude atmospheric circulation. Fang and Yang (2016) illustrated that 467 

SST anomaly could cause transient eddy forcing anomaly by changing the strength of 468 

oceanic front and thus the low-level atmospheric baroclinicity. The atmospheric 469 

response to the transient eddy vorticity forcing that dominants the total forcing, displays 470 

an equivalent barotropic structure, which further sustains the initial SST anomaly. 471 

Hence, transient eddy feedback in the middle latitudes, especially transient eddy 472 

dynamic feedback, has been recognized as another important approach for SST to affect 473 

the seasonal-mean atmosphere. 474 

In our previous work (CYF2020), an analytical air-sea coupled model is 475 

established to investigate the contributions of TEDF to unstable ocean-atmosphere 476 

interaction in the middle latitudes. In the model, the atmosphere is assumed to be 477 

barotropic for zero-order approximation. In fact, since the midlatitude atmospheric 478 

stratification is stable, the diabatic heating is mainly confined to the lower troposphere, 479 
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and there is also a relatively weak heating center in the middle level of atmosphere. 480 

Meanwhile, though the transient eddy vorticity forcing has barotropic structure in the 481 

vertical direction, its large values primarily locates in middle to high troposphere. In 482 

order to resolve the realistic vertical structure of the atmospheric forcing better and 483 

further analyze their roles in midlatitude ocean-atmosphere interaction, in the present 484 

study, we extend the atmospheric component of the air-sea coupled model into a two-485 

layer baroclinic model. 486 

Both the atmospheric and oceanic components satisfy quasi-geostrophic dynamics 487 

and are governed by their QGPV equations on a midlatitude beta plane, respectively. A 488 

linearized mixed layer temperature equation is considered to describe the SST evolution. 489 

In the coupled model, the ocean is driven by the wind stress forcing of atmosphere and 490 

force the atmosphere in turn though diabatic heating and transient eddy vorticity forcing. 491 

The diabatic heating is specified at both the top of boundary layer and the interface of 492 

two layers, and the diabatic heat forcing in each atmospheric layer is proportional to 493 

the vertical gradient of diabatic heating. The transient eddy vorticity forcing in each 494 

layer is parameterized with the meridional second derivate of SST. Based on 495 

observation, the surface heating is set to be twice the mid-level heating, and the 496 

transient eddy vorticity forcing in lower layer is 0.2 times of that in higher layer for the 497 

standard case.  498 

Midlatitude air-sea interaction produces two types of coupled modes, in which the 499 

oceanic Rossby wave mode that propagates westward destabilizes over the whole range 500 

of zonal wavelengths. The fastest-growing oceanic Rossby wave mode occurs at the 501 

wavelength around 9900km, with a period of nearly 8yrs. For this mode, the 502 

atmospheric streamfunction response in the two layers are both in phase with SST 503 

anomaly, with lows (highs) over cold (warm) water, and the oceanic streamfuction also 504 

shows a cyclonic (anticyclonic) circulation anomaly eastward slightly to the cold (warm) 505 

SST anomaly. Thus the unstable coupled mode exhibits an equivalent barotropic 506 
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structure similar to the observed decadal climate variability. Such configuration 507 

structure also suggests the following air-sea interaction processes, as illustrated in Fig. 508 

14. If there is an initial cold (warm) SST anomaly in the north (south), on the one hand, 509 

it induces strong surface cooling (warming) and weak mid-level cooling (warming), 510 

leading to positive (negative) diabatic heat forcing in both layers. On the other hand, 511 

the oceanic front is enhanced by the increase of meridional SST gradient, and so is the 512 

low-level atmospheric baroclinicity. The transient eddies become more active and 513 

transport more vorticity flux to the north, causing positive (negative) transient eddy 514 

vorticity forcing in the north (south) part for both layers. Therefore, through thermal 515 

and transient eddy dynamical forcing, the cold (warm) SST anomaly generates an in-516 

phase atmospheric low (high) anomaly in each atmospheric layer. The surface low (high) 517 

pressure anomaly tends to sustain the cyclonic (anticyclonic) oceanic upper flow, and 518 

thus further develops the initial cold (warm) SST anomaly through oceanic advection 519 

and entrainment processes. Consequently, the amplitude of coupled oceanic Rossby 520 

wave grows due to the ocean-atmosphere interaction. 521 

Relative roles of diabatic heating and transient eddy vorticity forcing with different 522 

vertical profiles in destabilizing the coupled oceanic Rossby wave are further analyzed. 523 

A SST anomaly can induce the same-sign surface and mid-level diabatic heating as well 524 

as opposite-sign transient eddy vorticity forcing in both layers of the atmosphere. The 525 

surface diabatic heating favors the barotropic component of atmosphere and restrains 526 

the baroclinic component. Hence it tends to cause barotropic atmospheric response and 527 

lead to unstable coupled mode. However, the mid-level heating always enhances the 528 

baroclinic component and thus decays the coupled mode by offsetting the effect of 529 

surface heating. The contribution of total diabatic heating on the coupled mode is 530 

dominated by surface heating. On the other hand, the transient eddy vorticity forcing of 531 

each layer can force barotropic atmospheric response and induce unstable coupled 532 

mode, while the lower-layer vorticity forcing can affect the unstable mode more 533 
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effectively by weakening the baroclinic response. However, in the standard case, the 534 

transient eddy vorticity forcing in lower layer is much smaller than that in higher layer, 535 

thus the higher-layer transient eddy vorticity forcing has more prominent contribution 536 

to the unstable growth rate. Although either diabatic heat forcing or transient eddy 537 

vorticity forcing can generate unstable coupled oceanic Rossby wave alone, the 538 

transient eddy dynamic feedback plays a much more important role. 539 

Besides the SST-induced forcing on the atmosphere, the oceanic adjustment 540 

processes driven by the atmospheric circulation, which mainly include advection and 541 

entrainment, can also contribute to the unstable coupled mode. When SST is adjusted 542 

by advection process alone, the coupled oceanic Rossby wave with zonal wavelength 543 

shorter than 10000km tends to be unstable. When the entrainment process is considered 544 

alone, the unstable coupled mode moves to longer wavelength range (> 10000km). 545 

Moreover, the influence of air-sea coupling strength and background zonal wind are 546 

also examined. When the coupling is strengthened, either dynamical coupling or 547 

thermal coupling, the instability of the coupled mode is enhanced. But the effect of 548 

dynamic coupling through transient eddy vorticity forcing is more significant. For the 549 

basic zonal wind, its barotropic part favors the growth of coupled mode, whereas its 550 

baroclinic part that determined by the vertical wind shear tends to decay the coupled 551 

mode. 552 

Compared with the results derived from CYF2020, in which the atmospheric 553 

component is barotropic, the spatial configuration structure and period of the unstable 554 

coupled mode are more consistent with the observation. Nevertheless, it should be 555 

mentioned that there are actually three PV sources in the atmospheric QGPV equation: 556 

diabatic heat forcing, transient eddy heat forcing and transient eddy vorticity forcing 557 

(Fang and Yang, 2016). Transient eddy heat forcing is proportional to the vertical 558 

gradient of transient eddy heating (𝑄𝑒𝑑𝑑𝑦) that represents the convergence/divergence 559 

of heat flux transported by transient eddies. Transient eddy heating that has the same 560 
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dimension of diabatic heating can be seen as an indirect heat source of the atmosphere, 561 

reflecting the transient eddy thermal forcing on the atmosphere. The magnitude of 562 

transient eddy heating is comparable with that of diabatic heating, and it mainly 563 

concentrates in the middle of troposphere (Fig. 2c in CYF2020). Hence in the barotropic 564 

model, it is neglected after vertical integration. In the present study, there is still on 565 

explicit performance of transient eddy heating in the coupled model. However, since it 566 

is equivalent to a mid-level heating, the case with equal diabatic heating at surface and 567 

middle level of atmosphere (𝛾2 = 1  in Fig. 10a) in this study can represent the 568 

condition in which the transient eddy heating is also considered in the coupled model. 569 

At this time, the growth rate of the most unstable coupled mode is decreased a little due 570 

to the enhancement of baroclinic response induced by transient eddy heating. 571 

In addition, according to the form of plane wave solutions in our study, all the 572 

variables are required to be in phase in 𝑦 direction. Thus the meridional phase shift 573 

as shown in Fig.5c and d cannot be obtained. If we use another form of plane wave 574 

solutions as (𝜓𝑎, 𝜓𝑜, 𝑇1)𝑒𝑖(𝑘𝑥+𝑙𝑦−𝜎𝑡), there will not be closed spatial centers for the 575 

perturbation, but the meridional phase shift between SST and atmospheric 576 

streamfunction as well as oceanic streamfunction can be exhibited.  577 
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Table 1. Standard values of parameters used in the coupled air-sea model 732 

Symbol Parameter Value 𝑓 Coriolis parameter 1 × 10−4𝑠−1 𝛽 Meridional gradient of 𝑓 1.8 × 10−11(𝑚𝑠)−1 𝛼 Wind stress coupling constant 3 × 10−8𝑠−1 𝐿𝑜 Oceanic Rossby radius of deformation 45𝑘𝑚 𝐿𝑎 Atmospheric Rossby radius of 

deformation 

660𝑘𝑚 𝑙 Meridional wavenumber 2𝜋/(6400𝑘𝑚) 𝑇𝑟 Reference temperature of deep layer 283𝐾 �̅�1𝑐 Mean sea surface temperature 293𝐾 𝑁𝑎2 Square of the atmospheric Brunt–
Väisälä buoyancy frequency 

4.356 × 10−5𝑠−2 𝐶𝑝 Oceanic specific heat at constant 

pressure 
4000𝐽𝑘𝑔−1𝐾−1 𝑏 Buoyancy of thermocline 2.5 × 10−2𝑁 𝑈1 Mean zonal wind for atmospheric 

layer 1 

17𝑚𝑠−1 𝑈2 Mean zonal wind for atmospheric 

layer 2 

8𝑚𝑠−1 𝑐4 Mean oceanic meridional temperature 

gradient 

3 × 10−6𝐾 𝑚−1 𝑟𝑠 Rayleigh damping coefficient 1.3 × 10−7𝑠−1 𝑟 Diffusive coefficient 1/(5𝑑𝑎𝑦) 𝑧(ℎ) Height of atmospheric boundary layer 1200𝑚 𝐻𝑎 Depth of free troposphere 10𝑘𝑚 𝐻1 Mixed layer depth 100𝑚 𝐻 Mean ocean upper-layer depth 500𝑚 𝐻2 Thermocline layer mean depth 400𝑚 ∆ℎ𝑒 Entrainment layer depth 40𝑚 𝜃𝑎0 Typical atmospheric potential 

temperature 

290𝐾 𝛾0 Oceanic air-sea flux parameter 5 × 10−8𝑠−1 𝛾𝑎 Coupling coefficient for diabatic 

heating forcing 

8 × 10−7𝑠−1 γ Coupling coefficients for transient 

eddy vorticity forcing 

11.2𝑠−2𝑚2𝐾−1 𝛾2 Ratio of surface diabatic heating to 

mid-level heating 

2 

     𝛿2 Ratio of transient eddy vorticity 

forcing in lower layer to that in 

higher layer 

         0.2 
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Figure captions 733 

Figure 1. Schematic diagram of vertical structure of the analytical midlatitude 734 

coupled ocean–atmosphere model and corresponding variables. 735 

Figure 2. Latitude-altitude sections of regressed wintertime (DJF) anomalies 736 

(shading) upon the standardized PDO index during 1960-2010 for (a) geopotential 737 

height (units: 𝑚), (b) diabatic heating (units: 𝐾/𝑑𝑎𝑦), and (c) transient eddy 738 

vorticity forcing (units: 10−10𝑠−2), averaged between 150°E and 150°W, in which 739 

the black contours in (b, c, d) represent their corresponding climatologies, and the 740 

dots indicate the regions passing the student t-test at 95% significant level. A 741 

corresponding meridional distribution of regressed sea surface temperature anomalies 742 

(units: 𝐾) is shown in the lower panel of (a). This figure is quoted from CYF2020 . 743 

Figure 3. Climatological distributions of wintertime (a) SST (units: 𝐾), (b) 2m-air 744 

temperature (units: 𝐾), (c) negative meridional gradient of SST (units: 10−5𝐾 ∙745 𝑚−1), (d) negative meridional gradient of 2m-air temperature (units: 10−5𝐾 ∙ 𝑚−1), 746 

(e) Eady growth rate at 850 hPa (units: 𝑑𝑎𝑦−1), and (f) zonal wind (units: 𝑚/𝑠) at 747 

300 hPa for 1960-2010. 748 

Figure 4. Spatial phase relationships between the SST anomaly (shaded) and (a) the 749 

upper-layer atmospheric streamfunction anomaly, (b) the lower-layer atmospheric 750 

streamfunction anomaly and (c) the upper-oceanic streamfunction anomaly (contours) 751 

for the fastest-growing coupled oceanic Rossby mode, given a fixed meridional 752 

wavelength at 6400 km. The largest amplitude of the SST anomaly is specified as 2K. 753 

Figure 5. Spatial distributions of regressed wintertime anomalies (shading) upon the 754 

standardized PDO index during 1960-2010 for (a) SST (units: 𝐾), (b) 2m-air 755 

temperature (units: 𝐾), (c) negative meridional gradient (units: 10−5𝐾 ∙ 𝑚−1) of 756 

SST, (d) negative meridional gradient (units: 10−5𝐾 ∙ 𝑚−1) of 2m-air temperature, 757 

(e) Eady growth rate at 850 hPa (units: 𝑑𝑎𝑦−1), and (f) zonal wind (units: 𝑚/𝑠) at 758 
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300 hPa. The dots indicate the regions passing the student t-test at 95% significant 759 

level. 760 

Figure 6. Frequency (a, c, e) and growth rate (b, d, f) of the coupled oceanic Rossby 761 

wave mode as a function of zonal wavelength corresponding to the surface diabatic 762 

heating only case (a, b), the mid-level heating only case(c, d) and the both surface and 763 

mid-level heating case (e, f), respectively. Red lines in (a, c, e) denote the frequency 764 

of free oceanic Rossby wave. 765 

Figure 7. As in Fig. 4, but derived with (left) the surface diabatic heating alone and 766 

(right) the mid-level diabatic heating alone. 767 

Figure 8. Frequency (a, b, c) and growth rate (blue lines in d, e, f) of the coupled 768 

oceanic Rossby wave mode as a function of zonal wavelength corresponding to cases 769 

when the transient eddy vorticity forcing occurs in lower layer only (a, d), in higher 770 

layer only (b, e), and in both layers (c, f), respectively. Green lines in (e, f) indicate 771 

the associated growth rate when the transient eddy vorticity forcing in lower layer is 772 

increased to be equal to that in higher layer. Red lines in (a, c, e) denote the frequency 773 

of free oceanic Rossby wave. 774 

Figure 9. Spatial phase relationships among characteristic SST (blue line) 775 

atmospheric streamfunction (green lines) and upper-oceanic streamfunction (purple 776 

lines) anomalies in (a) X direction and (b) Y direction, respectively, for the fastest 777 

growing coupled oceanic Rossby mode. As a comparison, the observed wintertime 778 

SST anomalies (shading, units: degree in 𝐾) together with vertical integration of 779 

atmospheric streamfunction anomalies (contours, units: 10−4𝑚2/𝑠), and SST 780 

anomalies together with upper-oceanic streamfunction anomalies (contours, units: 781 10−4𝑚2/𝑠), regressed on the standardized PDO index, are shown in (c) and (d), 782 

respectively. 783 
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Figure 10. Unstable growth rate of coupled oceanic Rossby wave mode as a function 784 

of zonal wavelength versus (a) the ratio of surface heating to mid-level heating (𝛾2, 785 

here the mid-level heating is fixed and the surface heating is enhanced with the 786 

increase of 𝛾2), and (b) the ratio of lower-layer transient eddy vorticity forcing to 787 

higher-layer vorticity forcing (𝛿2, here the higher-layer vorticity forcing is fixed and 788 

the lower-layer vorticity forcing is enhanced with the increase of 𝛿2), respectively. 789 

Figure 11. Comparison of the growth rate of the coupled oceanic Rossby wave mode 790 

derived in our study with that derived in CYF2020 when (a) both diabatic heating and 791 

transient eddy vorticity forcing are considered simultaneously, (b) the diabatic heating 792 

is considered only and (c) the transient eddy vorticity forcing is considered only. 793 

Figure 12. Growth rate as a function of wavelength for the coupled oceanic Rossby 794 

wave mode with (a) full oceanic processes in SST evolution equation, (b) 795 

entrainment- process only, and (c) advection process only. Note that (a) is the same as 796 

Fig. 3b. 797 

Figure 13. Unstable growth rate of coupled oceanic Rossby wave mode as a function 798 

of zonal wavelength versus (a) dynamical coupling coefficient (𝛾), (b) thermal 799 

coupling coefficient (𝛾𝑎) , (c) the higher-layer background zonal wind (𝑈1), (d) the 800 

lower-layer background zonal wind (𝑈2) and (e) the vertical wind shear (𝑈1 − 𝑈2), 801 

respectively. 802 

Figure 14. Schematic diagram of the phase relationships among atmospheric and 803 

oceanic variables for the most unstable coupled oceanic Rossby wave mode in the 804 

midlatitudes. 805 

  806 



 34 / 47 

 

 807 

 808 

Figure 1. Schematic diagram of vertical structure of the analytical midlatitude 809 

coupled ocean–atmosphere model and corresponding variables. 810 

  811 
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 812 

 813 

Figure 2. Latitude-altitude sections of regressed wintertime (DJF) anomalies 814 

(shading) upon the standardized PDO index during 1960-2010 for (a) geopotential 815 

height (units: 𝑚), (b) diabatic heating (units: 𝐾/𝑑𝑎𝑦), and (c) transient eddy 816 

vorticity forcing (units: 10−10𝑠−2), averaged between 150°E and 150°W, in which 817 

the black contours in (b, c, d) represent their corresponding climatologies, and the 818 

dots indicate the regions passing the student t-test at 95% significant level. A 819 

corresponding meridional distribution of regressed sea surface temperature anomalies 820 

(units: 𝐾) is shown in the lower panel of (a). This figure is quoted from CYF2020. 821 

822 
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 823 

 824 

 825 

Figure 3. (a) Frequency and (b) growth rate of the coupled oceanic Rossby wave 826 

mode as a function of zonal wavelength. The red line in (a) denotes the frequency of 827 

free oceanic Rossby wave. 828 

  829 
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 830 

 831 

Figure 4. Spatial phase relationships between the SST anomaly (shaded) and (a) the 832 

upper-layer atmospheric streamfunction anomaly, (b) the lower-layer atmospheric 833 

streamfunction anomaly and (c) the upper-oceanic streamfunction anomaly 834 

(contours) for the fastest-growing coupled oceanic Rossby mode, given a fixed 835 

meridional wavelength at 6400 km. The largest amplitude of the SST anomaly is 836 

specified as 2K.  837 

                            838 
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 839 

Figure 5. Spatial phase relationships between characteristic SST anomaly (shaded) 840 

and (a) barotropic atmospheric streamfunction anomaly and (b) upper-oceanic 841 

streamfunction anomaly (contours) for the fastest-growing coupled oceanic Rossby 842 

mode in CYF2020. The observed wintertime SST anomalies (shaded, units: degree in 843 𝐾) together with (c) vertical integration of atmospheric streamfunction anomalies 844 

(contours, units: 10−4𝑚2/𝑠), and (d) upper-oceanic streamfunction anomalies 845 

(contours, units: 10−4𝑚2/𝑠), regressed on the standardized PDO index, are shown in 846 

(c) and (d), respectively. This figure is quoted form CYF2020. 847 

 848 
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 854 

 855 

Figure 6. Frequency (a, c, e) and growth rate (b, d, f) of the coupled oceanic Rossby 856 

wave mode as a function of zonal wavelength corresponding to the surface diabatic 857 

heating only case (a, b), the mid-level heating only case(c, d) and the both surface and 858 

mid-level heating case (e, f), respectively. Red lines in (a, c, e) denote the frequency 859 

of free oceanic Rossby wave. 860 
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 862 

 863 
 864 

Figure 7. As in Fig. 4, but derived with (left) the surface diabatic heating alone and 865 

(right) the mid-level diabatic heating alone. 866 

  867 
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 868 

 869 

 870 

 871 

 872 

Figure 8. Frequency (a, b, c) and growth rate (blue lines in d, e, f) of the coupled 873 

oceanic Rossby wave mode as a function of zonal wavelength corresponding to cases 874 

when the transient eddy vorticity forcing occurs in lower layer only (a, d), in higher 875 

layer only (b, e), and in both layers (c, f), respectively. Green lines in (e, f) indicate 876 

the associated growth rate when the transient eddy vorticity forcing in lower layer is 877 

increased to be equal to that in higher layer. Red lines in (a, c, e) denote the frequency 878 

of free oceanic Rossby wave. 879 
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 881 

Figure 9. As in Fig. 4, but derived with (left) the lower-layer transient eddy vorticity 882 

forcing alone and (right) the higher-layer transient eddy vorticity forcing alone. 883 
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 885 

 886 

Figure 10. Unstable growth rate of coupled oceanic Rossby wave mode as a function 887 

of zonal wavelength versus (a) the ratio of surface heating to mid-level heating (𝛾2, 888 

here the mid-level heating is fixed and the surface heating is enhanced with the 889 

increase of 𝛾2), and (b) the ratio of lower-layer transient eddy vorticity forcing to 890 

higher-layer vorticity forcing (𝛿2, here the higher-layer vorticity forcing is fixed and 891 

the lower-layer vorticity forcing is enhanced with the increase of 𝛿2), respectively. 892 
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 894 

 895 

Figure 11. Comparison of the growth rate of the coupled oceanic Rossby wave mode 896 

derived in our study with that derived in CYF2020 when (a) both diabatic heating and 897 

transient eddy vorticity forcing are considered simultaneously, (b) the diabatic heating 898 

is considered only and (c) the transient eddy vorticity forcing is considered only. 899 
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 901 

 902 

Figure 12. Growth rate as a function of wavelength for the coupled oceanic Rossby 903 

wave mode with (a) full oceanic processes in SST evolution equation, (b) 904 

entrainment- process only, and (c) advection process only. Note that (a) is the same as 905 

Fig. 3b. 906 

 907 
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 910 

Figure 13. Unstable growth rate of coupled oceanic Rossby wave mode as a function 911 

of zonal wavelength versus (a) dynamical coupling coefficient (𝛾), (b) thermal 912 

coupling coefficient (𝛾𝑎) , (c) the higher-layer background zonal wind (𝑈1), (d) the 913 

lower-layer background zonal wind (𝑈2) and (e) the vertical wind shear (𝑈1 − 𝑈2), 914 

respectively. 915 
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 917 

Figure 14. Schematic diagram of the phase relationships among atmospheric and 918 

oceanic variables for the most unstable coupled oceanic Rossby wave mode in the 919 

midlatitudes. 920 

 921 

 922 
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