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Disentangling the drivers of mean annual temperature change in Antarctica requires an understanding of 22 

seasonal temperature change. A high-resolution climate record capable of resolving summer and winter 23 

seasons could address long-standing questions about the role of orbitally-driven insolation in driving 24 

Antarctic mean-annual temperature change. Here, we present a continuous record of water isotope ratios 25 

from the West Antarctic Ice Sheet (WAIS) Divide ice core that reveals both summer and winter temperature 26 

change though the last 11,000 years. This novel record shows that summer temperatures increased through 27 

the early-to-mid Holocene, reached a plateau at 4 to 2 ka, and then decreased to the present. The observed 28 

changes are explained primarily by changes in maximum summer insolation. In the early to mid-Holocene, 29 

additional summer warming results from the retreat and thinning of the WAIS. The magnitude of summer 30 

temperature change constrains the lowering of the WAIS surface to less than 100 m since the early Holocene, 31 

consistent with geologic records. Importantly, annual mean temperatures cannot be fully explained by orbital 32 

forcing and ice sheet elevation change alone; in the early Holocene, large wintertime temperature excursions 33 

overwhelm the summer signal. These winter excursions indicate that regional heat transport anomalies, 34 

rather than local thermodynamics, can dominate the annual mean. 35 

 36 

Orbitally-driven changes in insolation are the most important external forcing of the climate system. In addition to 37 

pacing the ice ages by influencing the mass balance of Northern Hemisphere ice sheets (e.g. Roe 2006), these 38 

changes directly influence the climate at all latitudes by altering the seasonal energy balance. Many studies have 39 

sought to understand the influence of orbital change on Antarctic climate. For example, summer duration – the 40 

number of days above an insolation threshold of 250 Wm
−2

 – covaries with mean annual temperature on glacial-41 

interglacial timescales (Hubyers and Denton 2008). Similarly, integrated summer insolation is thought to have 42 

contributed to the mean temperature increase at the initiation of the deglaciation in West Antarctica (WAIS Divide 43 

Project Members 2013). These studies are driven by the interpretation of proxy records that have only annual mean 44 

or lower resolution. Yet, the fundamental mechanism behind orbital forcing is changes to the seasonal cycle of 45 



 

insolation, which drives changes in the seasonality of climate. Large variance in one season, but not the other, would 46 

disproportionately affect the annual mean. In this study, we resolve seasonal temperatures in West Antarctica to 47 

understand how orbital forcing (which is fundamentally seasonal) directly influences seasonal and mean Antarctic 48 

temperature. 49 

 50 

We reconstruct seasonal and annual temperature variability in West Antarctica through the Holocene (last 11,000 51 

years) using the high-resolution water isotope record from the West Antarctic Ice Sheet (WAIS) Divide ice core 52 

(WDC) (Jones et al. 2018, White et al. 2019, Jones et al. 2020) (ED Figure 1a,b). The WDC record was obtained 53 

with a continuous-flow technique (Jones et al. 2017a) that provides unprecedented millimeter-scale depth resolution 54 

and sub-seasonal temporal resolution (see Methods). Annual dating is available to 31 ka
 
(WAIS Divide Project 55 

Members 2013; Sigl et al. 2016); the full record extends to 68 ka (WAIS Divide Project Members 2015). The 56 

accumulation rate at WAIS Divide is sufficiently high that sub-annual information is resolved in the ice core through 57 

the entire Holocene (Jones et al. 2017b). Correction for diffusion using spectral techniques (Johnsen et al. 2000, 58 

Vinther et al. 2003; see Methods), allows us to recover and quantify variations in both summer maxima and winter 59 

minima for each year (Figure 1a). More snowfall in one season than another enhances diffusional smoothing of the 60 

drier season, introducing preservation bias. We quantify the magnitude of this effect, and find that the effect is small 61 

(see Methods). We take advantage of the covariance of water isotopes with local temperature at seasonal and longer 62 

timescales (Jouzel et al. 1997, Küttel et al. 2012, Steig et al. 2013). We use a temperature sensitivity for δD of 8.3 63 

‰/°C (Cuffey et al., 2016; Markle and Steig, in review 2021). 64 

 65 

Summer temperature at WAIS Divide (Figure 1c) varied by 2.5°C across the Holocene, while winter temperature 66 

(Figure 1e) varied by 2°C in the early Holocene and by <0.5°C in the mid-to-late Holocene. Summer temperature 67 

generally increases from ~11 to 4.2 ka, reaching maximum values between ~4.2 and 1.4 ka, and then decreases 68 

toward the present. The evolution of summer temperature exhibits the same pattern as local maximum insolation, 69 

rather than the duration of summer  (Figure 2e). Compared to summer, the winter variability is more subdued, 70 

except for two prominent features: a pronounced peak at ~9.2 ka and subsequent cooling to ~7.9 ka, the minimum of 71 

the entire record. The 9.2-ka peak represents one of the warmest winter intervals in the Holocene, corresponding to 72 

an increase of 1.0°C above the mean. The early-Holocene winter variability occurs at frequencies too high to be 73 

attributable to orbital forcing, and may instead reflect changes in meridional heat transport. Annual amplitudes (half 74 

the summer-winter difference) are up to 2.5 times larger in the late Holocene compared to the early Holocene 75 

(Figure 1b). The mean temperature (Figure 1d) is dominated by winter variability in the early Holocene, and by the 76 

larger range of summer variability in the mid-to-late Holocene. 77 

 78 



 

 79 

Figure 1 | Water isotope seasonal variability. a, The diffusion-corrected (solid line) and raw (dashed line) WDC 80 

δD records, with annual maxima (red circles) and minima (blue circles) determined by an algorithm (see Methods). 81 

The full high-resolution WDC δD record, quantified diffusion lengths, and maximum and minimum picks are shown 82 

in Extended Data Figure 1. b, Annual amplitude; the horizontal line is the Holocene mean. c, d, e, 50-yr δD 83 

averages for summer (red), the mean (purple), and winter (blue); the horizontal line is the Holocene mean; the 84 

shaded regions are 1σ uncertainty bounds. We use an isotope-temperature scaling (dδD/dTsurf) of 8.3 ‰/°C (Markle 85 

and Steig in review, 2021).  86 



 

To estimate the extent to which the temperature reconstructions in Figure 1 can be explained by orbitally-driven 87 

insolation change, we use a global, zonal-mean (2° resolution) moist energy balance model (MEBM; see Methods) 88 

which accounts for incoming and outgoing radiation, albedo, and meridional atmospheric heat transport. With the 89 

MEBM, we first investigated seasonal changes in the radiative equilibrium temperature, forced directly by insolation 90 

changes accompanying the slow changes of Earth’s orbital parameters (Figure 3a; ED Figure 5), calculated 91 

(Huybers, 2011) for TOA at 80°S. Maximum summer insolation increases over the Holocene and peaks at ~2.5 ka 92 

(Figure 2b,c,e), while the annual mean and the annual and summer integrated values mostly decline over the same 93 

interval (Figure 2d). Due to the absence of winter insolation south of the Antarctic Circle, the amplitude of seasonal 94 

insolation follows the long-term changes in maximum summer insolation. The MEBM results (Figure 3) are 95 

straightforward: at the latitude of the WDC site, summer maximum temperatures, mean summer (DJF) temperatures, 96 

and the magnitude of the seasonal temperature cycle, all covary with maximum summer insolation (Figure 2e,f). 97 

Local maximum summer insolation is the dominant driver of changes in local summer temperature in the MEBM. 98 

While heating at lower latitudes also influences Antarctic temperature through atmospheric heat transport, maximum 99 

summer temperatures at WDC correlate best to local insolation rather than insolation at any lower latitude (Figure 100 

2f). Moreover, changes in summer heat convergence during the Holocene act in the opposite direction and are too 101 

small in magnitude compared to local insolation (ED Figure 6e,f). Because December is always the month of 102 

maximum insolation, much greater than neighboring months (Figure 2), variability of December insolation 103 

dominates the response of maximum summer temperature. Modeled winter temperatures are less variable than 104 

summer temperatures at 80°S (Figure 3a) due to the lack of direct insolation. The winter minima are a function of 105 

three factors: changes in the length of the zero-insolation season, the effective cooling rate of the surface, and heat 106 

transport from lower latitudes. At times when the zero-insolation season is longer, winter minimum temperatures are 107 

lower, as expected. However neither the length of the zero insolation season nor modeled winter minimum 108 

temperatures correlate well with the observed variations in winter temperature minima.  109 

  110 



 

 111 

 112 

Figure 2 | Temporal and Spatial Variability in Insolation. a, Insolation change through the Holocene for 113 

different months and the austral summer season (DJF). b, The full seasonal cycle of insolation at 80°S for 500-yr 114 

snapshots over the Holocene. Line colors in (a) and (b) correspond to age. c, Zoom in of summer insolation. The 115 

maximum insolation value always occurs in December (grey shading), migrating across 8 days over the course of 116 

the Holocene. d, Change through the Holocene for the annual mean (black), annual integrated (dashed red line), 117 

and summer integrated (red line) insolation. e, Maximum summer insolation (i.e. maximum intensity; black line) and 118 

summer duration (dashed red lines) defined as the number of days above a threshold insolation value each year. f, 119 

Anomaly in maximum insolation colored by latitude in the Southern Hemisphere. The thick black line shows the 120 

latitude of the WDC site.  121 

 122 

To investigate the possible role of more-complex mechanisms, including topographical changes not accounted for in 123 

the MEBM, we simulated Holocene  climate with a fully-coupled general circulation model, HadCM3 (Singarayer 124 

and Valdes 2010, see Methods). Simulations forced solely by changes in orbital parameters (ORBIT; Figure 3b) 125 

produces December maximum temperatures at 80°S with the same pattern as for the simpler model: increasing over 126 

the Holocene, peaking between 4 to 2 ka, and decreasing into the modern.  As with the MEBM, this result arises 127 

directly from the pattern of maximum summer insolation and matches well with the observed summer temperature 128 

signal. Agreement between WDC observations and both models indicates that the large orbitally-driven changes in 129 

maximum summer insolation dictate the summer temperature response in West Antarctica (Figure 3b). In contrast, 130 

the wintertime response of both models to orbital forcing (Figure 3c) – cooling from early Holocene to the present – 131 

is inconsistent with observed winter temperatures.  132 

 133 
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 134 
Figure 3 | Model Results. a, Temperature estimations for 80°S using the Moist Energy Balance Model (MEBM), 135 

including maximum summer intensity (red), DJF (red dashed), base winter intensity (blue), JJA (blue dashed), and 136 

the amplitude of the seasonal temperature cycle (black). b-c, HadCM3 zonal results for 80°S compared to observed 137 

summer and winter δD (Figure 1), normalized to 0 ka. b, December (summer), c, July (winter).  138 
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While the temporal pattern of summer temperature clearly covaries with insolation, the magnitude of that 140 

temperature response is not fully explained by insolation change. The results of the MEBM and HadCM3 orbitally-141 

forced simulation underestimate by a factor of two the total amplitude of maximum summer temperature change 142 

over the whole Holocene, perhaps indicating the importance of ice-sheet elevation changes or evolving greenhouse-143 

gas forcing. To address this, we investigated the effect of two different ice sheet histories (GLAC1D and ICE-6G, 144 

Figure 4a), prescribed as boundary conditions to the HadCM3 simulations. From 11 to 3 ka, GLAC1D and ICE-6G 145 

impose a reduction of ice sheet elevation by 96 m and 222 m, respectively, at the WDC site. With changes to the ice 146 

sheet included, HadCM3 simulates a larger range in maximum summertime temperatures. The temperature effect 147 

from ice sheet elevation exhibits the same general temporal pattern as summer insolation: maximum cooling in early 148 

Holocene followed by a warming trend. Much of the elevation-induced warming can be attributed directly to the 149 

surface lapse-rate effect (Figure 4b), but comparison to the orbital-only runs (Figure 4c,d) reveals a remaining 150 

temperature anomaly, attributable to greenhouse gases and to interactions between the model’s responses to 151 

simultaneously-imposed forcings. The interactions are highly non-linear; for example, the residuals during the early-152 

Holocene (11-6 ka) are of the opposite sign  for GLAC1D and ICE-6G (Figure 4d). 153 

 154 



 

 155 
4 | Possible ice elevation histories and the corresponding temperature histories from climate model 156 

simulations. a, The elevation histories used in HadCM3. b, The temperature anomalies from elevation change 157 

(GLAC1D solid lines; ICE-6G dashed lines) using an atmospheric lapse rate of 9.8°C/km, and spatial lapse rates 158 

for interior West Antarctica of 12°C/km (Masson-Delmotte et al. 2008) and 14°C/km (Fortuin and Oerlemans, 159 

1990). c, HadCM3 residual-temperature anomalies for December (summer) calculated by subtracting the ORBIT 160 

run from the GLAC1D and ICE-6G runs (the runs are shown in Figure 3c), highlighting what is attributable to the 161 

ice sheet elevation forcing rather than from changes in insolation. d, The residual temperature change in (b) 162 

subtracted from the results in (c), showing what may be driven from processes besides the direct lapse rate effect 163 

and orbital forcing.  164 

 165 

Comparison of insolation-driven summer warming diagnosed by the MEBM and HadCM3 with the magnitude of 166 

summer warming implied by our ice-core record constrains Holocene elevation changes of the West Antarctic Ice 167 

Sheet. Both models predict an orbitally-forced rise of ~1.25°C from 11-3ka compared to 2.5°C from δD (using 168 

1,000-yr averaging to remove centennial-scale noise). The residual 1.25°C in δD would require 125 m lowering of 169 

the ice sheet surface, if the effect arises purely from the free-atmosphere adiabatic lapse rate, of magnitude 170 

0.98°C/100m. With attendant changes of greenhouse gases, zonal heat transport, and downward longwave radiation, 171 

an even smaller lowering is needed (ED Figure 7). A close match to observed summer temperature anomalies is 172 
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obtained using the HadCM3 model and GLAC1D elevation scenario (Figure 3b). This indicates that the WAIS 173 

likely lowered by less than 100 m throughout the Holocene, consistent with geological constraints (Ackert et al. 174 

1999; Steig et al. 2001, Ackert et al. 2007) and some reconstructed elevation histories (Steig et al. 2001, Cuffey et 175 

al. 2016). Our conclusion is also consistent with numerical ice-dynamics models of WAIS that simulate last 176 

deglacial retreat in large ensemble runs (those with a basal sliding coefficient in modern oceanic areas of >10
−5

 m 177 

a
−1

 Pa
−2

) (Pollard et al. 2015). 178 

 179 

MEBM and HadCM3 modeled winter temperatures decrease through the Holocene, owing to the increasing length 180 

of the zero-insolation season, but this trend is opposite to the trend in the ice core data. Lapse rate effects associated 181 

with a lower ice sheet (Figure 4b) should impact both winter and summer seasons, which can account for the 182 

observed upward trend in winter temperature from 11 to 6 ka. This cannot, however, explain the prominent 183 

millennial-scale changes at ~9.2 and ~7.9 ka (Figure 1e). Winter temperatures in West Antarctica are strongly 184 

affected by horizontal heat transport by the time-mean atmospheric circulation. Raising the topography of Antarctica 185 

tends to reduce such heat transport  (ED Figure 7), producing an additional cooling on top of a pure lapse rate effect 186 

(Steig et al. 2015). Changing the size and shape of Antarctica is not the only way to alter this heat transport, 187 

however. The characteristic “split-jet” structure of the wintertime South Pacific circulation, which influences heat 188 

transport to West Antarctica (Chiang et al. 2014), is affected by sea surface temperatures (SST) (Inatsu and Hoskins, 189 

2004), mid-latitude SST (Ogawa et al. 2016), North Atlantic SST (Chiang et al. 2014), the Asian monsoon 190 

(Nakamura and Shrimpo 2004), and the shape of Antarctica (Patterson et al. 2020, Goyal et al. 2020). The peak in 191 

wintertime temperatures at 9.2 ka or the minimum at 7.9 ka may relate to climatic shifts in any of these regions. For 192 

example, the surprising wintertime warming at 9.2 ka in West Antarctica may have been associated with regional 193 

climate changes that helped initiate abrupt thinning of southern Transantarctic Mountain glaciers from 9-8 ka, which 194 

delivered ice to the central Ross Sea and coincided with deglaciation of the Scott Coast (Spector et al. 2017). 195 

Perhaps relevant is that the largest Holocene collapse of the East Asian monsoon also occurred at ~9.2 ka (Zhang et 196 

al. 2018), and that small changes of SST in the tropical Pacific can produce a large response in West Antarctica 197 

(Ding et al. 2011). The intricacies of interpreting the early Holocene winter variability in West Antarctica and 198 

related teleconnections necessitates further study. In the mid-to-late Holocene, there is very little change in winter 199 

temperature in West Antarctica, suggesting more subdued variability of Southern Hemisphere atmospheric 200 

circulation than during the early Holocene. 201 

 202 

Milankovitch postulated that long-term variations of Earth’s orbit and axis drive changes in climate over tens of 203 

thousands of years by altering the seasonal cycle of insolation. While clearly the main determinant of Northern 204 

Hemisphere ice sheet mass balance and global ice volume on glacial-interglacial timescales (e.g. Roe 2006), these 205 

astronomical changes also influence atmospheric heating and temperature locally and combine with regional 206 

dynamics to create complex influences on the climate system (Huybers 2011). The Holocene provides a window of 207 

time to examine the influence of orbital forcing without the complications associated with Northern Hemisphere 208 

deglaciation (Jones et al. 2018). Our analysis reveals that West Antarctic summer temperature was primarily 209 



 

controlled by maximum summer local insolation. The large variance of summer temperatures dominates mean 210 

temperatures since the mid Holocene. In contrast, winter temperature variations dominate mean temperature changes 211 

during the early Holocene; we suggest meridional heat transport is the most important factor. Changes in the 212 

topography of the ice sheet, and the resulting surface lapse rate, influence both seasons. Thanks to the high-213 

resolution record used in this study, the differing seasonal dynamics and topographical effects are evident, and the 214 

seasonal determinants of mean temperature can be quantified. Seasonal climate dynamics similar to these during the 215 

Holocene in West Antarctica, superimposed on glacial-interglacial cycles, must occur in earlier periods. 216 
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Methods 345 

1 Water isotopes 346 

Water isotope records from ice cores are proxies primarily for local temperature, dependent on regional atmospheric 347 

circulation, that provide a viewpoint into past changes in the hydrologic cycle. Water isotopes are subjected to a 348 

smoothing process due to diffusion in the firn column, the uppermost layers of an ice sheet (Johnsen et al. 2000, 349 

Cuffey and Steig, 1998). The firn column is 10s of meters thick in most cases, and allows for the movement of water 350 

molecules within interconnected vapor pathways for upwards of 100s of years. This smoothing can erase high-351 

frequency climate variations in low accumulation ice core sites and/or sites with firn conditions favorable to 352 

diffusion. Moreover, ice core sampling and analysis protocols can further deteriorate high-frequency climate 353 

resolution, for example, discrete sampling at 5 cm may bypass important climate information contained at the sub-354 

centimeter scale. Recent advances in continuous flow analysis (CFA) – allowing for millimeter resolution in ice core 355 

water isotope records – have generated the highest-resolution paleoclimate records yet recovered (e.g. Jones et al. 356 

2017a). The WAIS Divide ice core site (WDC) was conducive to retaining high-frequency climate information due 357 

to the high-accumulation rate (Holocene mean = 0.23 m ice eq. yr
-1

) and cold temperatures, which reduce the effects 358 

of firn diffusion (Jones et al. 2017b). 359 

 360 

 361 

ED Figure 1 | WDC Water Isotope Data. a, The raw, high-resolution WDC δD water isotope record (grey), the 362 

raw 50-yr running mean (white), and the diffusion-corrected signal (black). b, The WDC diffusion-corrected δD 363 

water-isotope record with extrema picks for summer (red) and winter (blue). c, The high-resolution diffusion length 364 

record (black; 140 yr windows, 70-yr time steps; 1σ uncertainty bounds in light grey) compared to prior estimates 365 

(red; 500-yr windows, 500-yr time steps; Jones et al. 2017b).  366 

 367 

1.1 Water isotope data  368 

The WDC water isotope record was analyzed on a CFA system (Jones et al. 2017a) using a Picarro Inc. cavity ring-369 

down spectroscopy (CRDS) instrument, model L2130-i. The raw WDC data was analyzed using permutation 370 

entropy (Bandt and Pompe 2002) to automatically identify data anomalies arising from laboratory analysis, which 371 

were then corrected by resampling ice over depths of 1035.4 to 1368.2 m (4517 to 6451 yrs) (Garland and Jones et 372 

al. 2018). All other Holocene data was previously published (Steig et al., 2013; Jones et al. 2018), and the full data 373 

sets are available in an online data repository (White et al. 2020, Jones et al. 2020).  The data are reported in delta 374 

notation relative to Vienna Standard Mean Ocean Water (VSMOW, δ
18

O = δD = 0‰), normalized to Standard Light 375 
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Antarctic Water (SLAP, δ
18

O = -55.5‰, δD = -428.0‰) scale. WDC is annually dated, with accuracy better than 376 

0.5% of the age between 0-12 ka 
 
(Sigl et al. 2016).  377 

 378 

2 Frequency domain analyses 379 

2.1 Spectral conversion  380 

We use the MultiTaper method fast Fourier transform technique to calculate spectral power densities (Thomson 381 

1982, Percival and Walden, 1993) of the measured water isotope time series. Similar to other paleoclimate studies 382 

(Jones et al. 2018), we use the ‘pmtm.m’ matlab routine of P. Huybers 383 

(http://www.people.fas.harvard.edu/~phuybers/Mfiles/). Before spectral analysis, the isotope data are linearly 384 

interpolated at a uniform time interval of 0.05 yr. 385 

 386 

2.2 High-frequency signal attenuation  387 

High-frequency water isotope information in ice cores is attenuated by diffusion in the firn column and deep ice 388 

(Johnsen 1977a, Whillans and Grootes 1985, Cuffey and Steig 1998, Johnsen et al. 2000, Gkinis et al. 2014, Jones et 389 

al. 2017b). Frequency spectra reveal the amount of signal attenuation as declines in the amplitude of a given 390 

frequency through time, relative to lower frequencies. For WDC, the annual signal (1 yr) is indiscernible at ages  391 

>14 ka and difficult to interpret >11 ka (Jones et al. 2017b).  392 

 393 

2.3 Gaussian determination of diffusion lengths 394 

The quantitative effects of diffusion can be represented by the convolution of a Gaussian filter with the original 395 

water-isotope signal deposited at the surface and subsequently strained by ice deformation and firn compaction
 

396 

(Johnsen 1977a, Johnsen et al. 2000)
 
 (Extended Data Fig. 2). The power density spectrum observed in the ice core 397 

record (P(f)), after diffusion, is 𝑃 𝑓 = 𝑃! 𝑓 𝑒𝑥𝑝 − 2𝜋𝑓𝜎!
! , where 𝑃! 𝑓  represents the power spectrum of the 398 

undiffused signal, 𝑓 is the frequency 
!

!
, 𝜆 the signal wavelength, z the depth, and 𝜎!the diffusion length. Fitting a 399 

Gaussian to P 𝑓  using equal log-spaced bins defines a standard deviation, 𝜎!, with units of 1/meters. The 400 

conversion 𝜎! =
!

!! !
∙
!

!!
 then yields the diffusion length 𝜎! in units of meters

 
(Jones et al. 2017b). The diffusion 401 

length expressed in units of time is 𝜎! =
!!

!!"#
, where 𝜆!"# is the mean annual layer thickness (m/yr) at a given depth 402 

(Figure 1a). The diffusion length quantifies the statistical vertical displacement of water molecules from their 403 

original position in the ice sheet. In this study, equal log-spaced bins for Gaussian fitting and diffusion length 404 

estimation reduces window lengths to 140 years (ED Figure 1c), as opposed to our previously published WDC 405 

studies that used 500-yr data windows through the interval 0 – 29 ka (Jones et al. 2017b, Jones et al. 2018).  406 

 407 

2.4 Natural log determination of diffusion length 408 

The 𝜎! variable can also be determined by using the slope of the linear regression of ln(P(f)) vs. f
2
. This provides a 409 

means of estimating diffusion-length uncertainty
 
(Jones et al. 2017b). Here, 𝜎! =

!

!∙ !!"

, where 𝑚!" is the slope 410 



 

of the linear regression over the interval from 0.01 cycles
2
/m

2
 to the value at which systematic noise from the ice 411 

core analysis system overwhelms the physical signal. The point where noise dominates appears as a “kink” or 412 

“bend” in the decay of ln(P(f)). A maximum and minimum slope is fit within the standard deviation of the linear 413 

regression to determine an uncertainty range for 𝜎!.  414 

 415 

2.5 Power density diffusion correction and inversion 416 

Diffusion of a water isotope signal in an ice sheet reduces the power of high-frequencies, so P 𝑓  takes the form of 417 

quasi-red noise. Given that WDC Holocene spectra show constant power density in the frequencies largely 418 

unperturbed by diffusion (periods >4 yrs), we use a white-noise normalization to estimate the original, pre-diffusion 419 

power density spectrum. Specifically, we calculate 𝑃! 𝑓 = 𝑃𝑒𝑥𝑝 4𝜋
!𝑓!𝜎!

! , where P is the observed power 420 

density (per mil
2
∙yr), f the frequency (1/yr), and 𝜎! the diffusion length (yr).  421 

 422 

We use diffusion correction code developed at the University of Copenhagen by S. Johnsen (Johnsen et al. 2000, 423 

Vinther et al. 2003, Hughes et al. 2020), which utilizes the Maximum Entropy Method (MEM) to invert a calculated 424 

pre-diffusion power density spectrum 𝑃! 𝑓 . The spectrum takes the form of a series of complex numbers 𝑋! + 𝑗𝑋! 425 

vs. 𝑓. From this, the amplitude spectrum 𝐴 is obtained by 𝐴 𝑓 = 𝑋
!

!
+ 𝑋

!

! and the phase spectrum 𝜙 is obtained 426 

by 𝜙 𝑓 = 𝑡𝑎𝑛
!! !!

!!

. The real components of the amplitude and phase spectrums can be used to reconstruct the 427 

diffusion corrected water isotope signal 𝛿! 𝑡 :   428 

𝛿! 𝑡 = 𝐴!𝑐𝑜𝑠 2𝜋𝑓!𝑡 + 𝜙!

!

!!!

 

The uncertainty on the diffusion corrected water isotope signal 𝛿! 𝑡  is determined using the uncertainty range for 429 

diffusion lengths using the natural log determination.  430 

 431 

2.6 Peak Picking Algorithm 432 

To select extrema (summers and winters) in the diffusion corrected δD signal (Figure 1a, ED Figure 1b), we use the 433 

‘findpeaks’ matlab function.  A 50-year boxcar average is applied to the resulting summer and wintertime series to 434 

filter out high-frequency noise and distinguish long-term trends (Figure 1c-e). 435 

  436 

3 Seasonal Preservation Bias of Water Isotopes 437 

The WDC water isotope records of summer, winter, and annual amplitude are influenced by climatic factors, 438 

including the seasonal cycle of temperature at the site, which directly influences the water isotope ratios of 439 

precipitation, as well changes in as the seasonal cycle of accumulation at the site, which can distort the temperature 440 

signal as recorded in the snow pack. Large forcings can drive temperature and accumulation, including insolation, 441 

ice sheet elevation, and synoptic climate. Post-depositional processes are important at the annual and seasonal 442 

scales, such as attenuation of the signal by diffusion (Cuffey and Steig, 1998, Johnsen et al. 2000). In particular, a 443 

differential diffusion effect arising from unequal seasonal distribution of snowfall (Cuffey and Steig, 1998) has 444 

largely been ignored in ice core science because records are rarely high enough resolution to detect this process.  445 



 

 446 

We utilize the Community Firn Model (CFM)
 
(Stevens et al. 2020; Gkinis et al. 2021), a firn-evolution model with 447 

coupled firn temperature, firn densification, and water-isotope modules, to test how seasonally weighted 448 

accumulation affects the diffusion of the isotope record progressing from surface snow (δDsnow), to consolidated 449 

snowpack in the firn (δDfirn), to solid ice beneath the pore close-off depth (δDice). The δDice has been completely 450 

diffused after advection through the firn column. We apply the back-diffusion calculation (Johnsen et al. 2000, 451 

Vinther et al. 2003; Hughes et al. 2020) to δDice, to estimate the original δDsnow. We then assess how reconstructions 452 

of δDsnow could be misinterpreted due to different seasonally weighted accumulation (ED Figures 2; 3a,b).  453 

 454 

We performed five model runs using monthly time steps (ED Table 1). Each run used the same temperature and 455 

isotope surface boundary conditions but used different idealized accumulation histories. Each run was for 1014 456 

years, which was enough time for the entire firn column to be refreshed (i.e. the firn at the bottom of the model 457 

domain, 220 m, was less than 1014 years old). The CFM outputs of interest were the profiles of water isotopes in the 458 

firn column at the end of the simulation; these are the model predictions of diffused isotope values after 1000 years 459 

of steady-state climate with accumulation variability. We use a seasonal cycle for δDsnow based on the mean 460 

amplitude in Figure 1b (15.43‰). 461 

 462 

The five accumulation scenarios are all based on the monthly accumulation for WAIS Divide predicted by the 463 

regional climate model MAR3.6 (ERA-Interim forced), which spans the period January 1979 to December 2017. 464 

The mean accumulation over the entire 39-year period is 0.24745 m ice eq. a
-1

. The mean 𝑏 and standard deviation 465 

𝜎
!
 of each month’s accumulation are shown in ED Table 1. The five scenarios are as follows. 1) ‘constant’: the 466 

accumulation at each time step is constant (0.0206 m ice eq. month
-1

; 1/12 the annual mean) for the entire model 467 

run. 2) ‘cycle’: accumulation for each month is the MAR mean accumulation for that month, as shown in ED Table 468 

1’s ‘mean’ column. This annual cycle is repeated for the 1014-year duration of the model run. 3) ‘noise’: using the 469 

‘cycle’ time series, we add noise to each time step by drawing a random number from a normal distribution with 470 

zero mean and standard deviation equal to that month’s 𝜎 value in ED Table 1. 4) ‘random’: for each month, a 471 

random number is selected from the normal distribution with that month’s mean and 𝜎 as in ED Table 1. 5) ‘loop’: 472 

the entire 39-year MAR accumulation time series is repeated over and over again. The ‘noise’ and ‘random’ were 473 

adjusted so that the minimum accumulation rate for any one-month was 0.01 m ice eq. a
-1

 and so that the mean 474 

accumulation of the time series was the same as the mean 1979-2017 accumulation from MAR. For the temperature 475 

boundary condition, we used each month’s mean 1979-2017 2 m temperature predicted by MAR to create an annual 476 

temperature cycle. We repeated this 12-month time series for the duration of the model runs. This method ensures 477 

that the model runs, which are designed to test effects of accumulation seasonality, are not affected by interannual 478 

temperature variability, while also providing a reasonable estimate of the annual temperature cycle, which affects 479 

the rate of isotope diffusion in the upper firn. The annual temperature cycle and the repeated annual-isotopic cycle 480 

we used are shown in ED Table 1. 481 

 482 



 

ED Figure 3 shows the results for the ‘constant’ distribution of monthly snowfall (i.e. each month receives 1/12 of 483 

the modern annual snowfall of 0.247 m ice eq. yr
-1

) and the ‘cycle’ distribution specific to WDC predicted by the 484 

regional climate model MAR (Modèle Atmosphèrique Règional, Agosta et al. 2019). The MAR scenario has about 485 

1.6x as much snow in winter (Oct-Mar) as summer (Apr-Sep). The diffusion-correction technique accurately 486 

reconstructs δDsnow for summer and winter in the ‘constant’ snowfall scenario, but underestimates summer values in 487 

the MAR ‘cycle’ scenario by ~2.6‰, which is 11% of the full range of the observed WDC summer water isotope 488 

values. With more seasonal accumulation, winter values are overestimated by only ~0.6‰, about 3% of the full 489 

winter range. A full reversal from MAR to a counterfactual scenario in which summer has 1.6x as much summer 490 

snow as winter, would lead to summer and winter values that could vary by up to 3.2‰. The ‘noise’, ‘random’, and 491 

‘loop’ runs produce results for the reconstructed δDsnow within 0.3‰. These CFM experiments demonstrate that 492 

centennial trends in the summer and winter water isotopes on the order of a few per mil could arise from large 493 

changes in seasonal accumulation weighting, while multi-millennial trends >>3.2‰ are unlikely to be caused by 494 

seasonal accumulation and can therefore be interpreted as climate signals of a different origin. 495 

 496 

ED Figure 2 | Community Firn Model. a, Square wave analysis of water isotope diffusion using MAR-497 

accumulation and temperature weighting for WDC. With progressive diffusion, the summer signal is attenuated 498 

faster (due to lower accumulation than winter), while the annual mean does not change.  499 
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ED Table 1: Mean 𝑏 and standard deviation 𝜎
!
 of each month’s accumulation rate and monthly mean temperature 500 

at WAIS Divide for 1979 to 2017 predicted by MAR and the isotope values used for each month during the CFM 501 

simulations. 502 

Month 𝑏 (m ice eq. a
-1)

 𝜎
!
 m ice eq. a

-1
 T (℃) 𝛿𝐷 (per mil) 

1 0.139    0.088 -17.5 -250.22 

2 0.169 0.072 -24.9 -252.48 

3 0.267 0.010 -31.5 -258.64 

4 0.293 0.121 -34.6 -267.05 

5 0.345 0.137 -34.9 -275.46 

6 0.311 0.136 -36.2 -281.61 

7 0.310 0.111 -38.1 -283.87 

8 0.298 0.116 -38.6 -281.61 

9 0.275 0.112 -37.1 -275.46 

10 0.271 0.136 -31.6 -267.05 

11 0.164 0.079 -23.8 -258.64 

12 0.128 0.071 -17.3 -252.48 

 503 

 504 

To determine if there were significant changes in seasonal snowfall across the Holocene, we utilize the only 505 

available age-scale-independent impurity with a relatively well-understood seasonal cycle: black carbon (BC) 506 

concentrations. BC data is available from 0 to 2.5 ka and 6 to 11 ka (Extended Data Figure 4), with no data within 507 

the brittle ice zone. The BC concentrations at WDC are dominated by seasonal fire regimes in South America, 508 

notably the east Amazon, with maximum BC occurring in fall and minimum BC occurring in spring (Arienzo et al. 509 

2017; ED Figure 3c). For a given impurity (I) like BC, the difference in depth, D, between seasonal maximum (fmax) 510 

and minimum (fmin) markers can be determined. We split any given year into two parts, the first in which f rises and 511 

the second in which f falls. Here, I1 =D( fmin(i) ) - D(fmax(i)) and I2 = D(fmax(i+1)) - D(fmin(i)) represent the two portions of 512 

the seasonal cycle of year i. For BC, I1 and I2 (which we will term BC1 and BC2, for simplicity) delineate seasonal 513 

depth intervals for some portion of winter and summer, respectively. The duration of BC2 is longer than BC1 due to 514 

the seasonal cycle of BC at the source
 
(Arienzo et al. 2017), thus BC1/BC2 < 1 (ED Figure 3e). The BC1/BC2 ratio 515 

can change with time due to variability at the source, changes in atmospheric transport, or because of seasonal snow 516 

deposition. We observe little change in BC1/BC2 resembling the multi-millennial trends seen in WDC summers and 517 

winters (ED Figure 3d,e). Unless there are competing and exactly compensating effects in seasonality (i.e. the 518 

source change exactly cancels the depositional and transport change, or other unlikely scenarios), the changes in 519 

WDC seasonal snowfall are not of sufficient magnitude (also supported by HadCM3, ED Figure 3f) to affect our 520 

multi-millennial climate interpretations of annually resolved water isotopes. Further, it is very likely that the CFA 521 

tests we performed are an extremely conservative estimate of how the seasonality of snowfall can impact 522 

interpretations of summer and winter δD.  523 

 524 



 

 525 

ED Figure 3 | Seasonally weighted accumulation. a, The diffusion envelope of CFM output data (50-yr avg.), 526 

based on an input sine wave with f=1yr
-1

 and amplitude=15.43‰. The original amplitude of the signal (based on 527 

the dotted dashed lines) decreases as time passes due to downward advection of the firn, as shown by the decay of 528 

the maximum (red) and minimum (blue) lines, while the mean values of the ‘constant’ and ‘cycle’ scenarios do not 529 

change, dependent on the seasonal weighting of snowfall. b, Diffused CFM output data from beneath the pore close-530 

off depth (>200 yr) (black lines), with diffusion corrected data shown with green lines. Red circles are the annual 531 

maximum value, and blue circles the annual minimum, selected using the same algorithm as Figure 1a. c, A zoom of 532 

black carbon concentrations at ~6.5 ka. The maxima (red circles) and minima (blue circles) can be used to separate 533 



 

approximate depth intervals corresponding to winter (BC1) and summer (BC2); vertical blue lines correspond to 534 

nominal January 1, as defined by the peak of nssS/Na (Sigl et al. 2016). d, The 140-yr averages for BC1 (blue) and 535 

BC2 (red). The black line is WDC annual accumulation (Fudge et al. 2016); green circles are BC1 + BC2, which 536 

should equal annual accumulation. e, Black carbon seasonality BC1/ BC2 (black), based on (d). f, Accumulation 537 

seasonality for HadCM3 seasonal snowfall (red line) compared to the range of seasonality tested using the CFM 538 

(dashed blue lines) and modern MAR seasonality (blue diamond).  539 

 540 

 541 

ED Figure 4 | Black Carbon. Annually resolved black carbon data (Bisiaux et al. 2012, Arienzo et al. 2017). The 542 

missing data is from the brittle ice zone, where it was not possible to measure black carbon using continuous flow 543 

techniques. 544 

 545 

4 Seasonal Energy Balance Model  546 

We use a relatively simple energy balance model to calculate expected changes in seasonal and monthly surface 547 

temperature (ED Figure 5). Our model is a global, zonal mean energy balance model. The model accounts for TOA 548 

insolation, a temperature-dependent long-wave emission to space, a simple temperature dependent albedo in which 549 

sufficiently cold surfaces are bright simulating snow and ice, and horizontal atmospheric heat transport which is 550 

modeled as the diffusion of near-surface moist static energy (MSE) (Hwang and Frierson 2010, Roe et al. 2015, 551 

Siler et al. 2018). The model has a 2-degree spatial resolution, a single surface and single atmospheric layer, and the 552 

surface heat capacity is based on the relative fraction of land and ocean surface in the zonal mean. Heat exchange 553 

between the surface and atmosphere layers is modeled as the difference in blackbody radiation from each layer in 554 

addition to sensible and latent heat exchange proportional to the temperature and specific humidity difference of 555 

each layer (assuming a constant relative humidity of 80%), following bulk aerodynamic formulae. We calculate the 556 

annual TOA insolation cycle at every latitude in 500-yr time slices from present to 11 ka. For each time slice the 557 

model is run at a 2-hour time resolution for 30 model years to reach equilibrium.  558 
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 560 

ED Figure 5 | MEBM seasonal surface temperature.  a, Modeled seasonal surface temperature cycle at 80°S, 561 

colored by age. b, c,  Zoom in of modeled summer and winter temperature. 562 

 563 

How important is local insolation in driving the heating, which in turn drives the changes in maximum summer 564 

temperature over the Holocene? While heat transport from lower latitudes can connect changes in insolation at distal  565 

locations to the WDC site, local heating is by far the dominant factor. The temporal pattern of peak summer 566 

insolation across latitudes is shown in Figure 2f, with the WDC site latitude shown as the thick black line. The 567 

pattern of maximum summer temperature modeled by the MEBM is most closely correlated to the local peak 568 

insolation, rather than the pattern of insolation at lower latitudes. In ED Figure 6 we examine changes in heat 569 

transport along with that of local insolation. We compare the temporal evolution of annual mean and peak summer 570 

heat divergence by the atmosphere (∇F) at the WDC site to the annual mean and summer maximum site temperature 571 

and insolation. While Holocene changes in ∇F at the WDC site are correlated with insolation forcing, the magnitude 572 

of changes in maximum direct insolation are much larger than those in atmospheric heat divergence. Further the 573 

Holocene changes in summertime heat divergence are of the wrong sign to cause net heating at the WDC site 574 

(positive divergence is an export of heat by the atmosphere from the site). Note that in the annual mean heat 575 

transport is convergent in the Antarctic, however at the peak of summer it is divergent, owing to the intense 576 

incoming insolation but low longwave emission from low surface temperatures. 577 

 578 



 

 579 
ED Figure 6 | MEBM Results. a-c, Annual mean temperature anomaly (blue), insolation (red), and heat 580 

divergence (black), respectively at 80°S from the MEBM. d-f, Annual maximum temperature anomaly (blue), 581 

insolation (red), and heat divergence (black), respectively at 80°S from the MEBM. Note the sign of heat 582 

divergence; negative values correspond to heat convergence at the site.  583 
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5 HadCM3 model simulations 584 

5.1 Model setup 585 

We use the fully coupled ocean-atmosphere model HadCM3 (Gordon et al. 2000, Valdes et al. 2017). The exact 586 

model version is HadCM3BM2.1. This model has been shown to simulate the climate in the tropical Pacific very 587 

well, including in its response to glacial forcing (DiNezio and Tierney 2013). We simulate the climate over the last 588 

11 ka in a series of snapshots run every 1 kyr (Singarayer and Valdes 2010). For each snapshot, we prescribe 589 

changes to a number of boundary conditions: the orbital forcing (Berger and Loutre 1991), greenhouse gas (GHG) 590 

concentration (Spahni et al. 2005, Loulergue et al. 2008), ice sheet topography, and sea level (Argus et al. 2014, 591 

Peltier et al. 2015, Tarasov and Peltier, 2002; Tarasov et al. 2012, Briggs et al. 2014, Tarasov et al. 2014, Abe-Ouchi 592 

et al. 2013). In the main text we use three sets of simulations:  1) only orbital forcing changes (ORBIT), all other 593 

boundary conditions remain as for the pre-industrial 2) orbital/GHG forcing with the GLAC1D ice sheet elevation 594 

history, and 3) orbital/GHG forcing with the ICE-6G ice sheet elevation history. Elevation histories are shown in 595 

Figure 4a: GLAC1D is 96 meters higher at 11ka compared to present, and ICE-6G is 222 meters higher. All 596 

snapshot simulations are run for at least 500 years with analysis made on the final 100 years of each simulation. We 597 

use further simulations of 10ka to more clearly decompose the role of different forcings. These are described in the 598 

following sections. 599 

 600 

5.2 Seasonality of Accumulation 601 

HadCM3 shows a negligible change in the seasonality of accumulation (ED Figure 3f), with 1.5 times as much snow 602 

falling in winter than in summer throughout the Holocene. There is about 10% less precipitation during the early 603 

part of the Holocene in both winter and summer. Small changes in the weighting for winter and summer 604 

precipitation are evident. In winter, the total snowfall ranges from 30% at 10 ka to 28% in the modern. The change 605 

in summer snowfall is less than 1%. Overall, HadCM3 shows a negligible change in the accumulation with 1.5 times 606 

as much snow falling in winter than in summer throughout the Holocene. 607 

 608 

5.3 Summer Climate 609 

To elucidate forcing mechanisms compared with the Moist Energy Balance Model (MEBM), we examine the zonal 610 

mean at 80°S in a set of 10 ka simulation compared to a pre-industrial simulation in HadCM3. These simulations are 611 

‘10ka ORBIT’; two runs with only 10 ka ice sheets and all other settings as for the pre-industrial, including ’10 ka 612 

ice sheet only with GLAC1D’ and ‘10ka ice sheet only with ICE-6G’; and two runs with all 10 ka forcing, including 613 

‘10ka all forcings with GLAC1D’, and ‘10ka all forcings with ICE-6G’. In ‘10ka ORBIT’ there is a cooling in 614 

summer that is predominantly caused by the large reduction in shortwave radiation at the surface (SWd), caused by 615 

the reduced shortwave radiation at the TOA. SWd is not the only reduced surface flux: the downward longwave 616 

radiation (LWd) is also reduced, likely due to the cooling of the atmospheric column. Interestingly there is an 617 

increased sensible heat flux (SH) indicating that the atmosphere and surface do not equally cool; one cause of this is 618 

the increased meridional heat convergence (∇F).  619 

 620 



 

The simulations ‘10ka ice sheet only with GLAC1D’ and ‘10ka ice sheet only with ICE-6G’ both show a summer 621 

time cooling in response to the imposed ice sheet. The largest contributor to this is LWd. The decrease in the 622 

temperature is not the same in the two simulations: the cooling in ‘10ka ice sheet only with ICE-6G’ is much larger, 623 

attributable to the much larger reduction in LWd than in ‘10ka ice sheet only with GLAC1D’. Both simulations also 624 

show an increase in SWd, which counteracts the reduced LWd to some extent. Both the change in LWd and SWd can 625 

be explained by the presence of the ice sheet. The larger ice sheet reduces the depth of the atmospheric column, 626 

reducing the amount of SW radiation absorbed between the TOA and the surface; a reduced depth of the atmosphere 627 

will also tend to cool the column average temperature, thus reducing LWd. Remote processes can also change the 628 

atmospheric temperature, and we see that both ice sheet reconstructions cause an increase in ∇F. This increase is 629 

larger in ‘10ka ice sheet only with GLAC1D’. Because ∇F will tend to warm the atmospheric column it could 630 

explain why the reduction in LWd is smaller in ‘10ka ice sheet only with GLAC1D’ than ‘10ka ice sheet only with 631 

ICE-6G’.  632 

 633 

With all 10k forcings we find a cooling that is caused by both LWd and SWd. The decrease in SWd is similar in ‘10ka 634 

all forcings with GLAC1D’ and ‘10ka all forcings with ICE-6G’ and slightly smaller than in ‘10ka ORBIT’, likely 635 

due to the decreased absorption due to the thinner atmospheric column. The decrease in LWd in ‘10ka all forcings 636 

with GLAC1D’ and ‘10ka all forcings with ICE-6G’ is larger than that in ‘10ka ORBIT’, ‘10ka ice sheet only with 637 

GLAC1D’, and ‘10ka ice sheet only with ICE-6G’; it is also somewhat larger than the linear combination of the 638 

change in ‘orbit only’ and ‘10k ice sheet only with GLAC1D/ICE-6G’. This indicates the importance of feedbacks 639 

in the atmosphere. These could be remote feedbacks, there is an increase in ∇F in both simulations, or local 640 

feedbacks related to the amount of water vapor in the atmosphere.        641 

 642 

The description of changes in the zonal mean in the 10 ka simulations compared to pre-industrial holds for the entire 643 

Holocene. With only changes to the orbital forcing there is a reduction in SWd and LWd of roughly the same 644 

magnitude. With full forcing (including ice sheets), the reduction in LWd is roughly three times the reduction in SWd. 645 

If an energy budget over the WDC site (79.467°S 112.085°W) is considered, a similar description as for the zonal 646 

mean applies. The magnitude of the forcings are changed, but reduced SWd still cools the surface, amplified by a 647 

LWd feedback which is dependent on the size of the ice sheet. The ICE-6G simulation cools in summer by an 648 

unrealistic amount at 11-8ka, possibly driven by unrealistic winter cooling when the ice sheet is large, but as we 649 

have shown (Figure 4a-c), the ICE-6G reconstruction is not consistent with elevation changes constrained by 650 

summer isotopes.  651 

 652 

5.4 Winter Climate 653 

During winter the balance of terms is quite different: SWd is no longer a factor as the sun is below the horizon. Given 654 

that there is no change in SWd in ‘10ka ORBIT’ during winter, we might expect that there would be no change in the 655 

surface temperature, however, there is a warming. Examining the energy balance terms we find that this warming is 656 

caused by an increase in LWd. Since there is no local cause for LWd to change we must look to a remote cause of 657 



 

atmospheric warming. We find that there is an increase in ∇F in ‘10ka ORBIT’, this would act to warm the 658 

atmospheric temperature, in turn increasing LWd, and also SH. With an ice sheet imposed we find that the surface 659 

temperature cools. This again can be explained by a change in ∇F: in both ‘10ka ice sheet only with GLAC1D’ and 660 

‘10ka ice sheet only with ICE-6G’ there is a reduction in ∇F which would cool the atmosphere and thus reduce LWd. 661 

and SH. When all 10k forcings are introduced we find that there is a smaller change in the temperature than when 662 

the ice sheet alone was imposed. The LWd and a change in ∇F can again explain this temperature change. In ‘10ka 663 

all forcings with GLAC1D’ we find no change in ∇F, no change in LWd and no change in the surface temperature. 664 

This suggests that the increase in ∇F from orbital forcing is almost perfectly balanced by the change in ∇F from the 665 

ice sheet configuration.    666 

 667 

We must acknowledge that the processes that control the heat transport over Antarctica are complicated and that 668 

HadCM3 may not be able to simulate them perfectly. However our simulations do indicate that during winter the 669 

heat transport is crucially important to the atmospheric and surface temperature and more generally that remote 670 

processes can alter the surface temperature quite dramatically. In experiment ‘10ka ORBIT’ and in the MEBM we 671 

find significant changes to the temperature despite no local forcing.  672 

 673 

674 
ED Figure 7 | 80°S Energy Balance at 10 ka. Bar charts of HadCM3 energy balance terms at 10 ka for a, 675 

December (summer) and b, July (winter), including model runs for ‘orbit only’ (purple, ORBIT), ‘ice sheet only’ 676 

(blue, GLAC1D; green, ICE-6G), and ‘all forcings’ (orange, GLAC1D; yellow, ICE-6G). Positive values all 677 

indicate a surface or atmospheric warming. Variables include surface temperature (Tsurf in °K), latent heat (LH in 678 

Wm
-2

), sensible heat (SH in Wm
-2

), shortwave radiation (SW in Wm
-2

), downward LW radiation (LWd in Wm
-2

), 679 

and change in heat transport (∇F in 10
7
 W).   680 
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